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Abstract
EFFECTS OF CLIMATE CHANGE AND PERTUBATION IN BIOGEOCHEMICAL
CYCLES ON OXYGEN DISTRIBUTION AND OCEAN ACIDIFICATION

Teresa Marie Beaty-Sykes, PhD
The University of Texas at Arlington, 2014
Supervising Professor: Arne Winguth
Dissolved oxygen (DO) concentration in the ocean is an important component of
the marine biogeochemical cycles. In this study a global oceanic carbon cycle model
(HAMOCC 2.0) was used to address how oxygen minimum zones (OMZ) respond to
changes due to CO2 radiative forcing. Atmospheric pCO2 was increased at a rate of 1%
annually and the model is stabilized at 2 X, 4 X, 6 X, and 8 X preindustrial pCO2 levels.
With an increase in CO2 radiative forcing, the OMZ in the Pacific Ocean was controlled
largely by changes in particulate organic carbon (POC) export. In contrast, the vertical
expansion of the OMZs within the Atlantic and Indian Oceans were the result of changes
to oxygen solubility. Changes in oxygen solubility also lead to the formation of a new
OMZ in the western sub-tropical Pacific Ocean. The response of the pH value to a total
carbon emission of 4480 PgC or 8 times preindustrial pCO2 was found to be comparable
to the ocean acidification at the PETM (56 Ma). The HAMOCC 2.0 simulations indicate a
significant relationship between the pH value and the DO concentration at intermediate
depth. This can lead to stress for the marine ecosystem by further decreasing pH due to
respiratory processes. Improved parameterization may enhance the predictability of
regions with low DO concentrations and pH value. A 50% increase in atmospheric dust
deposition did not significantly alter the regions of Fe limitation of export production and

v

hence did not resulted in significant changes in DO in the twilight zone and at
intermediate depth. However, a 50% reduction in dust deposition significantly expanded
the regions of Fe-limited export production thereby reducing the vertical particle flux of
POC and the extent of the OMZs. This counteracted the OMZ expansion due to the
increased CO2 radiative forcing.
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Chapter 1
Introduction
1.1 Climate change
The investigation of paleoclimate during Earth’s history is of interest to improve
the understanding of future climate change. One of the most prominent changes in
climate in Earth’s history occurred at the end of the Permian (252 Ma; Erwin, 1994;
Kidder and Worsley, 2004), which was potentially triggered by a variety of causes
including an extraterrestrial impact and volcanism leading to global warming with tropical
temperatures increasing by 12°C to over 40°C (Sun et al., 2012). The climatic shift in the
Permian resulted in large shifts in stable carbon isotopes (Baud et al., 1989; Payne et al.,
2004) and associated ocean stratification (Grotzinger and Knoll, 1995; Knoll et al., 1996)
forest fires (Algeo et al., 2013), acid rain (Black et al., 2012), increased weathering,
ocean anoxia (Wignall and Hallam, 1993; Isozaki, 1997; Benton and Twitchett, 2003),
and ocean acidification (Honisch et al., 2012). These environmental changes lead to
nich-loss, the lillyput effect, and massive terrestrial and oceanic extinction (Benton and
Twitchett, 2003; Payne et al., 2004). The initial decline and the final extinction during the
Permian-Triassic boundary coincides with the onset of ocean stratification and
widespread anoxia (Knoll et al., 1996; Isozaki, 1997) which are supported by modeling
studies; particularly if global nutrient concentration are elevated by the decline of the
terrestrial ecosystem occurred that could have led to an increase in surface productivity
and increase in the vertical organic carbon flux and anoxia in the deep sea (Meyer et al,
2008; Winguth and Winguth, 2012).
During the mid-Cretaceous (130-87 Ma) the atmospheric pCO2 concentration
was 2-10 times higher than present and the globally averaged surface temperatures were
greater than the present by more than 14 °C and the sea level was 100-200 m higher
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than today (Misumi and Yamanaka, 2008). This climate shift has been linked to higher
volcanism associated with a faster spreading rate (Berner, 1997; Hay et al., 1996; OttoBliesner et al., 2003). Paleoclimate records from the Cretaceous indicate several Oceanic
Anoxic Events (OAEs) as well as altered biogeochemical cycles associated with oxygen
depletion in warm ocean waters (Leckie et al., 2002; Handoh and Lenton, 2003). The
significance of these Cretaceous OAEs is the widespread deposition of black shale rich in
organic matter, which indicated a shift in the carbon cycle and a direct effect on climate.
One of the OAEs, OAE2, resulted in a reduction of atmospheric CO2 due to a burial of 1.6
X 10

18

moles of organic carbon over 0.5 my (Arthur et al., 1988; Kuypers et al., 1999).

The increase in carbon burial may have lead to the cooling that occurred in the late
Cretaceous due to a decline in greenhouse gas concentration in the atmosphere (Berner,
2003). The cause of the deposition of organic rich black shale during OAE2 is
controversial (e.g. Weissert, 1981; Erba et al., 2004); however, two mechanisms have
been suggested as a cause: (1) oxygen supply decreased to the deep sea due to a
increase in ocean stratification and (2) an increase in surface productivity which
increases the vertical organic carbon flux and oxygen consumption in the deep sea
(Sarmiento and Gruber, 2006). Another mechanism suggested by Misumi and Yamanaka
(2008) for the OAEs of the Cretaceous is the increase in the nutrient concentration due to
an increase in riverine input and sediment output, particularly during the OAE2 event.
Misumi and Yamanaka (2008) suggested that under stagnant thermohaline circulation
and present day dissolved nutrient concentration the anoxic bottom water covers 29% of
the global ocean. By assuming that global nutrient concentration doubled the anoxic
bottom water expanded to cover 100% of the global ocean.
A more recent global warming is the Paleocene-Eocene Thermal Maximum
(PETM) at the Paleocene-Eocene boundary (~56 Ma), that has been treated as an
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analog to the possible anthropogenic climate change of the future (Zachos et al., 2008).
The PETM occurred approximately 55 Ma and is marked by an abrupt global warming
(Kennett and Stott, 1991) inferred from a negative carbon isotope excursion (CIE)
potentially due to increased emissions of isotopically light carbon possibly from methane
hydrates and volcanism (Eldholm and Thomas, 1993; Dickens et al., 1995; McInerney
and Wing, 2011). The carbon pulse at the PETM, inferred from the CIE of approximately 3.0 per mil (%) in sediment cores (Thomas and Shackleton, 1996), likely caused a
shoaling of the lysocline and calcite compensation depth (CCD) (Zachos et al., 2005).
The PETM also coincides with the formation of the North Atlantic Igneous Province
approximately 60.5 - 54.4 Ma (mid-Paleocene to early Eocene), which could have
resulted in a large release of mantle-derived and volcanic CO2 (Dickens et al., 1995;
Svensen et al., 2004; Sluijs et al., 2007; Storey et al., 2007). Dickens et al. (1995)
considered biogenic methane, methane clathrate, mantle-derived CO2, and volcanic CO2
as sources that may have contributed to this hyperthermal event. A model study
(Panchuk et al.,2008) revealed that for larger CO2 pulses the seafloor dissolution of
CaCO3 increased and that a pulse of at least 6800 Pg C would be required to result in the
CaCO3 dissolution at the seafloor during the PETM.
Abrupt climate shifts have occurred frequently over the last 100,000 years
(Dansgaard et al., 1993) and it is possible for greenhouse gases to cause a rapid change
in climate on decadal to centennial time scales (Broecker, 1997; Stocker and Schmittner,
th

1997). Since the 18 Century, the concentrations of greenhouse gases (CO2, CH4, and
N2O) in the atmosphere have significantly increased and are predicted to continue to rise
from the pre-industrial level of 280 ppmv up to ~800 ppmv in the year 2100 (IPCC, 2013)
or 2000 ppmv by year 2400 under the assumption that all fossil fuel reservoirs are
emitted into the atmosphere (Caldeira and Wickett, 2003; Zachos et al., 2008). The
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anthropogenic CO2 will be partially sequestered by the ocean and by the biosphere on
4

time scales in the order of 10 years. An increase global temperature tends to keep CO2
in the atmosphere due to the decreased solubility of CO2 in the surface of warmer oceans
making the oceans critical in the variability of Earth’s climate. A rise in deep-water
temperature on a 10,000 year timescale could decrease the effectiveness of the CaCO3
cycle and sediment deposition (Archer et al., 2009).
Comprehensive Earth system model simulations (IPCC, 2013) are limited
computationally (integrated <10,000 years) and thus are not suitable to investigate longterm feedbacks with the sediments. Studies have shown a strong feedback between the
climate and the carbon cycle (Dufresne et al., 2002; Friedlingstein et al., 2003; Winguth
et al., 2005; Mikolajewicz et al., 2007). Anthropogenic CO2 emitted by fossil fuel
combustion and land use changes remain in the atmosphere at least several centuries
(Archer et al., 2009; IPCC, 2013). A release of greater than 5000 PgC nearly depletes
CaCO3 in the deep waters, thus leading to long residence times for anthropogenic CO2 in
the atmosphere with an exponential decline over centuries. However, ~20-35% will
remain in the atmosphere after equilibrium (Archer, 2005) and dissolved inorganic carbon
concentration in the ocean will remain high millennia (Zachos et al., 2008).
Changes in climate will also effect the oxygen distribution in the ocean. Dissolved
oxygen in the ocean is affected by the solubility and biological pump in which the later is
controlled by export production, vertical carbon flux and decay of particulate organic
carbon, and by the transport of the tracers by the ocean circulation. Variations in
seasonal and long-term oxygen concentration have been observed in sub-polar and
subtropical regions (Whitney et al., 2007; Stramma et al., 2008). Climate models predict
that dissolved oxygen concentrations in the ocean will continue to decline with the
warming of the deep-sea resulting in the expansion of oxygen minimum zones
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(Sarmiento and Orr, 1991; Sarmiento et al., 1998; Schmittner et al., 2008; Shaffer et al.,
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2009) and a significant expansion of bottom water anoxia (<10 µmol O L ).
1.2 Biogeochemical cycles and dissolved oxygen distribution in the ocean
1.2.1 Marine carbon cycle
In order to investigate how dissolved oxygen will respond to atmospheric CO2
emissions, it is important to understand how the biogeochemical cycles are affected by
atmospheric changes. The ocean contains 60 times more carbon than the atmosphere
and therefore exerts a strong control over atmospheric CO2 (Honisch et al., 2012). Over
the ocean, atmospheric pCO2 is influenced by the air-sea gas exchange and solubility as
well as the concentration of dissolved inorganic carbon (DIC) and alkalinity at the sea
surface. The air-sea gas exchange rate is dependent on sea surface temperature and
wind speed and the solubility is dependent on sea surface temperature and salinity.
This carbonate system consists of an equilibrium in the DIC concentrations.
When gaseous CO2 dissolves in seawater, first it is hydrated to form aqueous (CO2)aq,
which reacts with water to form a small portion of carbonic acid (H2CO3). H2CO3 then
reacts rapidly to form bicarbonate (𝐻𝐶𝑂!! ). Therefore, it is assumed that a thermodynamic
equilibrium exists between (CO2)aq and (𝐻𝐶𝑂!! ). Equation 1-1 summarizes these
reactions.
𝐶𝑂! (!"#) + 𝐻! 𝑂  
𝐻! 𝐶𝑂!
𝐻𝐶𝑂!!

   𝐻! 𝐶𝑂!

𝐻 ! + 𝐻𝐶𝑂!!
𝐻 ! + 𝐶𝑂!!!

Equation 1-1
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Surface pCO2 in the ocean is controlled by the concentration of dissolved CO2 in
the surface water and the CO2 solubility constants (K0) (Weiss, 1970). The partial
pressure of CO2 can be related to the carbonate and bicarbonate ions by Equation 1-2.
𝑝𝐶𝑂! 𝑎𝑞 =

𝐻𝐶𝑂!!
𝐾!
∗
𝐾! ∗ 𝐾!
𝐶𝑂!!!

!

Equation 1-2
Where: 𝐾! =
𝐾! =
𝐾! =

(!"! )!"
!"#!
! ! ∗ !"#!!
!! !"!∗

! ! ∗ !"!!!
!"#!!

The sensitivity of pCO2 to temperature and salinity can be estimated for a closed system
(where DIC and alkalinity remains constant) by Equation 1-3 and Equation 1-4
(Sarmiento and Gruber, 2006). Spatial variability is greater in temperature than salinity,
thus temperature can be regarded as the more dominant physical factor effecting pCO2.
𝛾! =

1
𝜕𝑝𝐶𝑂!
∗
𝜕𝑇
𝑝𝐶𝑂!

Equation 1-3

𝛾! =

𝑆
𝜕𝑝𝐶𝑂!
∗
𝜕𝑆
𝑝𝐶𝑂!

Equation 1-4
where γt is the sensitivity of pCO2 to temperature and γs is the sensitivity of pCO2 to
salinity.
Another important component of the marine carbon cycle is the biological pump,
which is a strong control of the vertical DIC and alkalinity distributions of the ocean. Total
ocean alkalinity is the measure of the negatively charged ions in the sea water (𝐻𝐶𝑂!!
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and CO3). During photosynthesis CO2 is taken up by organisms to form organic matter by
the following equation (Sarmiento and Gruber, 2006):
106𝐶𝑂! + 16𝑁𝑂!! + 𝐻𝑃𝑂!!! + 78𝐻! 𝑂 + 18𝐻 !

𝐶!"# 𝐻!"# 𝑂!" 𝑁!" 𝑃 + 150𝑂! .

Equation 1-5
Hydrogen, carbon, nitrogen, oxygen, and phosphorus are found in approximately
constant stoichiometric ratios in marine organic matter (Redfield, 1934). Phytoplankton
organisms take up nutrients and carbon with sufficient amount of insolation, temperature,
and mixing to form organic matter (e.g. Berger et al., 1989). Within the euphotic zone a
significant portion of organic material is remineralized leading to an increase in the DIC
concentration and a decline in dissolved oxygen:
𝐶𝐻! 𝑂 + 𝑂!

𝐶𝑂! + 𝐻! 𝑂.

Equation 1-6
The remaining particulate organic matter is exported from the euphotic zone into the
deep sea and partially deposited on the ocean floor.
Incident solar radiation, temperature, and nutrient supply stimulate the biological
pump. Light is a key factor in biological productivity, if the light is insufficient for
photosynthesis the biological pump will not function. The strength of the biological pump
is the magnitude of the downward flux of organic matter. The Biological pump efficiency
(EBP) is a measure of the success of phytoplankton in maintaining a low nutrient
concentration at the surface of the ocean and is defined by Equation 1-7. One hundred
percent efficiency in the biological pump would result in a nutrient concentration of zero in
the surface water. A weak biological pump will result in high nutrient concentration at the
surface as well as limited organic matter export. The nutrients concentration of ocean’s
surface water comes primarily from the main thermocline by upwelling, convective
overturning, vertical mixing, and river input.
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𝐸!" =

𝐶!""# − 𝐶!"#$%&'
𝐶!""#

Equation 1-7
The biogenic formation and dissolution of calcite or aragonite is also important in
the carbon cycle and maintaining the ocean’s pH. Calcium carbonate occurs in the ocean
mostly in the form of calcite, which represents a significant fraction of deep ocean
sediments, if the sea floor is above the calcium carbonate compensation depth (CCD).
Coccolithophorids, foraminifera, and pteropods are the dominant groups of
marine organism responsible for the precipitation of CaCO3 in the open ocean. It has
been hypothesized (Paasche, 1969; Sikes and Wilbur, 1980) that calcification could be
linked to photosynthesis, as the formation of CaCO3 from 𝐻𝐶𝑂!!   produces aqueous CO2,
which can then be used as a source of inorganic carbon for photosynthesis. However,
most of the organisms that precipitate CaCO3 in today’s ocean are relatively young. Due
to limited fossil record evidence, it is difficult to determine the existence of calcifies prior
to the evolution of coccolithophorids, which emerged in the mid-Triassic (~228 Ma).
Foraminifera appear in the mid-Jurassic (~170 Ma). Prior to the Triassic, there were only
shallow water benthic organisms forming biogenic CaCO3 and there has been essentially
no fossil record of open ocean planktonic organisms that would have precipitated CaCO3
(Sarmiento and Gruber, 2006; Falkowski et al., 2007).
-1

Global estimates of the open ocean CaCO3 export are of the order of 1 PgC yr .
Once the CaCO3 particles leave the ocean surface they are subject to dissolution below
the lysocline, the boundary between well preserved and poorly preserved foraminifera.
Below the lysocline is the CaCO3 compensation depth (CCD). The hydrographic calcite
lysocline is defined as the depth at which the   𝐶𝑂!!! is equal to the calcite saturation

8

horizon or as the depth at which [𝐶𝑎 !! ] and 𝐶𝑂!!!   is in equilibrium with the [CaCO3]
(Equation 1-8):
[𝐶𝑎 !! ] + [𝐶𝑂!!! ] ↔ [𝐶𝑎𝐶𝑂! ].
Equation 1-8
The saturation level for calcite is at ~2800 m in the equatorial Pacific Ocean and ~4000 m
in the equatorial Atlantic Ocean (Feely et al., 2004). Carbonate particles are among the
fastest to settle to the ocean floor with sinking velocities ranging from 100 m to over 300
-1

m day (Broecker and Peng., 1982). Such rapid sinking results in a residence time in the
deepest parts of the ocean of about 50 days and the majority of this time is spend in the
supersaturated zone above the lysocline. The degree to which settling CaCO3 particles
dissolve in the water column depends on how fast the dissolution reaction is relative to
the time it takes for the particle to settle to the bottom of the ocean. The high burial rate of
CaCO3, which is approximately balanced in the present by riverine input of weathered
continental rock, leads to a reduction of alkalinity of the ocean water. One long time
scales CaCO3 content of marine sediments are important to sequester anthropogenic
CO2 (Archer et al., 2009) and are thus a crucial component of the global carbon cycle.
1.2.2 Marine phosphorus cycle
The phosphorus cycle in the past has been driven primarily by tectonics
(changes in terrestrial weathering) and sea level change. During the glacial/interglacial
periods changes in sea level affected the area of continental margin available as a
phosphorus sink and mountain chain formations increase the amount of weathering and
thus the amount of phosphorus reaching the oceans. The terrestrial weathering process
of phosphorus from apatite mineral occurs by Equation 1-9 and then transported by rivers
as either particulate or dissolved phosphorus (Filippelli, 2008). Soluble forms of
phosphorus are limited in the environment and in most areas in the ocean PO4 is the
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limiting nutrient for primary productivity. Dissolved phosphorus concentrations at the
surface are reduced by primary producers during photosynthesis (Equation 1-5).
5𝐶𝑎 !! + 3𝐻𝑃𝑂!!! + 4𝐻𝐶𝑂!! + 𝐻! 𝑂

𝐶𝑎! 𝑃𝑂! ! 𝑂𝐻 + 4𝐻! 𝐶𝑂!

Equation 1-9
In the deep sea phosphorus can be divided into preformed (Equation 1-10) and
remineralized phosphorus (Equation 1-11) (Sarmiento and Gruber, 2006).
𝑃𝑂!!!

!"#$

= 𝑃𝑂!!!

!"#

− 𝛥 𝑃𝑂!!!

!"#$%

Equation 1-10
Δ 𝑃𝑂3−
4

𝑟𝑒𝑚𝑖𝑛

= −𝑟𝑃:𝑂2 𝐴𝑂𝑈

Equation 1-11
𝐴𝑂𝑈 =    𝑂!

!"#

− 𝑂!

!"#

Equation 1-12
where rP:O2 is the phosphorus to oxygen ratio and AOU is the apparent oxygen utilization
(Equation 1-12).
Preformed phosphorus is not utilized by organisms and is thus a useful water
mass tracer (Filippelli, 2008). The ocean exhibits a clear gradient in preformed
phosphorus between the high preformed phosphorus and low saline waters of the
Southern Ocean and the low preformed phosphorus concentration and high salinity of the
North Atlantic. In the deep ocean phosphorus concentration increases with the age of the
water mass; therefore, the older waters of the Pacific have higher phosphorus
concentrations than that of the Atlantic (Broecker and Peng, 1982; Sarmiento and
Gruber, 2006).
The marine phosphorus deposition in present ocean sediment is nearly balanced
by the natural riverine supply of phosphorus to the ocean. Phosphorus can be buried and
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precipitated as authigenic carbonate fluorapatite or buried as biogenic Ca-P in anoxic
conditions (Figure 3-1) (Slomp et al., 1996; Filippelli, 2001; Filippelli, 2002; Slomp et al.,
2002; Filippelli et al., 2003; Slomp et al., 2004). Preferential regeneration of phosphorus
relative to carbon can also release regenerated phosphorus back into the water column,
which affects the concentration at the sediment-water interface. With sufficient mixing the
phosphorus-rich bottom water could be returned to the surface affecting productivity (Van
Cappellen and Ingall, 1994; Van Cappellen and Ingall, 1996; Filippelli, 2002; Slomp et al.,
2002; Filippelli et al., 2003; Slomp et al., 2004; Filippelli, 2008).
The modern phosphorus cycle is altered by anthropogenic process e.g. by the
supply of dissolved phosphorus and phosphorus-bearing particulates in the world’s rivers.
During the last 200 years the amount of riverine phosphorus reaching the ocean surface
has doubled (Filippelli, 2002; Walling and Fang, 2003). This change is occurring due to
alterations in land use and agriculture; however, the response of the ocean to the
perturbation in phosphorus will likely have comparable feedbacks as those of the
phosphorus changes of the glacial-interglacial cycles.
1.2.3 Dissolved ocean oxygen distribution
The solubility and biological pump (Volk and Hoffert, 1984) are both influenced
by ocean circulation and govern the distribution of dissolved oxygen in the ocean.
Oxygen enters the surface of the ocean through the gas exchange between the surface
and the atmosphere and to a lesser degree dissolved O2 in the ocean is also produced in
the photic zone by organism through photosynthesis (Equation 1-5). The surface waters
can be slightly supersaturated or under saturated with oxygen possibly due to bubble
entrainment or seasonal variations; however, globally the oxygen concentration in the
atmosphere and surface of the ocean are near equilibrium (Broecker and Peng, 1982).
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The solubility of oxygen in the surface waters is directly related to salinity and the sea
surface temperature (SST) as defined by Weiss (1970).
Sources of O2 are balanced by the reduction of oxygen by remineralization as
organic matter is delivered to the deep sea and the oxidation of organic matter in
sediments. Sulfate reduction and denitrification also occur in today’s oceans but have a
negligible effect on oxygen concentration. Two processes for oxygen loss in the deep sea
(oxygen sinks) are carbon remineralization and by biochemically oxidizing ammonia to
nitrate. Oxygen is consumed by one O2 molecule for every carbon atom remineralized
and by two O2 molecules for every nitrogen atom oxidized in the following equation
(Richards et al., 1965; Broecker and Peng, 1982; Shaffer, 1996):
𝑁𝐻! + 2𝑂!

𝑁𝑂!! + 𝐻 ! + 𝐻! 𝑂.

Equation 1-13
The oxygen minimum zone (OMZ) at intermediate depth is the zone at which
oxygen saturation is the lowest in the water column. This minimum is linked to a high
remineralization of POC and thus according to Equation 1-6 high consumption of
dissolved oxygen. The core in the OMZ was defined in this study to have a dissolved
-1

oxygen concentration of ≤ 20 µmol L O2 consistent with (Helly and Levin, 2004;
Fuenzalida et al., 2009; Paulmier et al., 2011). The OMZ boundaries were described to
-1

have a dissolved O2 concentration of ≤ 50 µmol L . The maximum dissolved oxygen
-1

concentration of 50 µmol L was more stringent than upper limits in other studies
(Whitney et al., 2007; Karstensen et al., 2008); however, at these dissolved O2
concentrations most microorganisms cannot survive (Kamykowski and Zentara, 1990;
Gray et al., 2002; Sarmiento and Gruber, 2006; Paulmier et al., 2011) and therefore
considered a reasonable criterion for non-seasonal OMZ.
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Chapter 2
Objectives
2.1 Introduction
The geological record of the early Cenozoic indicates that on shorter timescales,
atmospheric CO2 concentrations and temperature can change rapidly; however, the
residence time of carbon in the ocean sediments is about 10 kyr-100 Ma (Sarmiento and
Gruber, 2006). Thus the removal of the increased carbon emission since the industrial
revolution will have long-term effects on seawater chemistry and deep-sea sediment
composition (Archer et al., 2009). On time scales of thousands of years it has been
estimated that the world’s oceans will sequester ~20-35% after a few centuries (Chapter
1; Archer et al., 2009) and 90% of anthropogenic carbon emissions on the geologic time
scale of 100,000 years (Archer et al., 1998), but positive and negative feedbacks
between the climate and biogeochemical cycles are still not well quantified (Heinze,
2004). This study will explore how expected future carbon and dust deposition
perturbation can alter the dissolved oxygen distribution in deep-sea. For all simulations in
this study the model applied is the Hamburg Oceanic Carbon Cycle Model (HAMOCC
2.0; Maier-Reimer and Hasselmann, 1987; Heinze et al., 1991; Palastanga et al., 2011).
An overview of the simulations is summarized in Table 2-1.
2.2 Response of the oxygen minimum zone and pH value to CO2 radiative forcing
The main objective of this study is to examine the solubility and the biological
pump effect on dissolved oxygen concentration in the ocean with a focus on the oxygen
minimum zone, which are in the twilight zone to intermediate depth. The study also
considers the pH response to anthropogenic CO2 emission.
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An Increase in radiative forcing by anthropogenic CO2 emissions is likely to have
impacts on the sea surface temperature, ocean circulation, export production, and
vertical carbon flux in the ocean. Figure 2.1 illustrates how anthropogenic CO2 can lead
to expansion of oxygen minimum zones via changes in sea surface temperature and
export production. These changes will affect the global dissolved oxygen concentrations
as well as the extent and strength of oxygen minimum zones (OMZs) (Winguth et al.,
2005; Schmittner et al., 2008; Moore et al., 2013). There is strong evidence that
dissolved O2 concentrations in tropical OMZ of the North Pacific as well as subarctic zone
is declining in recent decades (Stramma et al., 2008; Keeling et al., 2010; Stramma et al.,
2012).
Low dissolved oxygen concentration in the ocean during climate changes in the
geological past have been linked to major changes in the ecological structure of the
ocean as well as mass extinctions (Grotzinger and Knoll, 1995; Knoll et al., 1996; Isozaki,
1997; Benton and Twitchett, 2003). Rapid expansion and contraction of OMZs during the
glacial-interglacial cycles has also been noted which suggest a strong link between
dissolved oxygen concentration and climate (Ganeshram et al., 2002; Galbraith et al.,
2004; Nameroff et al., 2004). Sensitivity experiments with HAMOCC 2.0 were carried out
to address the following questions:
(1) How sensitive is the lateral and vertical expansion of the oxygen minimum zones to
an increase in atmospheric CO2 radiative forcing and the associated rise in the sea
surface temperature and changes in the biological pump? Do fluctuations of vertical
particulate organic matter flux to the intermediate depth by climate change alter the
oxygen minimum zone and its cores? Could there be a development of a North
Atlantic oxygen minimum zone or low oxygen zone in a warmer climate?
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The expansion of OMZs has been observed in the recent decades as the temperature of
the world’s oceans increases (Whitney et al., 2007; Stramma et al., 2008; Fuenzalida et
al., 2009; Stramma et al., 2009) and models predict further decreases in oxygen
concentrations with increased atmospheric pCO2 emissions (Sarmiento et al., 1998;
Matear et al., 2000). Oxygen minimum zones are not only important to the ecosystem
structures but also influence locally the nitrogen cycle because denitrification occurs in
low oxygen environments. Denitrification converts 𝑁𝑂!! to N2O (also CH4 and H2S) which
is released to the atmosphere as a greenhouse gas thus causing a positive feedback in
the climate system. Paulmier (2011) concluded that dissolved oxygen concentration of
-1

<20 µmol L currently covers ~8% of the global ocean area at the surface of the OMZs,
which is greater than previous estimates (Kamykowski and Zentara, 1990). This study will
focus on the OMZ cores and causes their expansion under a changing climate change
which could play an increasing role by affecting the global carbon cycle due to the
influence of the decline of dissolved O2 on the rate of remineralization of organic matter
and the burial of organic matter in ocean sediments.
(2) Could future ocean acidification be amplified by hypoxia in the response to global
climate change?
Observations indicate that the ocean pH is becoming more acidic and therefore
increasing CaCO3 dissolution resulting in an increase in carbon burial in deep-sea
sediments, which could increase the ocean ability to uptake CO2 for the atmosphere. A
complete decline in calcification in surface waters would be able to reduce the pCO2 by
10-20 µatm (Feely et al., 2004).
Changes in pH may be also amplified by global climate change Melzner et al.,
(2012) because hypoxic conditions in coastal margins may lead to a further decrease in
pH due to reparatory processes. Therefore, the pCO2-induced acidification may be

15

further compounded by the loss of oxygen due to decreased solubility in a warmer ocean.
Rapid acidification could severely impair primary productivity. Beyond this, the decreased
pH of seawater will impair protein functions of lower marine organisms as the organism’s
tissue will also become acid. One key protein affected by acidification is the oxygenbinding protein. Loss of oxygen-binding protein could lead to an increase in the dissolved
oxygen concentration required for the organism to survive. This study will following the
concept of Melzner et al. (2012) examine how the pH value change under different
anthropogenic CO2 emission scenarios in response to the decline of dissolved oxygen in
the ocean.
2.3 Reduced biology and atmospheric oxygen concentration experiments
The biological pump is a strong control for the distribution of dissolved oxygen in
the ocean. Dissolved oxygen is produced at the surface of the ocean by photosynthesis
and is reduced below the photic zone by the remineralization of POC as organic material
produced at the surface sink to the deep sea. Therefore, significant changes primary
productivity would lead to significant changes in dissolved oxygen concentrations and
distribution in the ocean.
(1) How would dissolved oxygen and DIC be distributed in the ocean in the absence
of the biological pump? Would this result in large changes in total alkalinity and
pH?
Although most dissolved oxygen at the ocean surface is due to the air-sea gas
exchange of oxygen, a complete extinction of primary producers could lead to slightly
decreased dissolved O2 concentrations in the ocean’s surface waters. However, the lack
of POC flux to the deep sea would have much more profound implication on dissolved
oxygen concentrations due to the lack of remineralization of organic matter. The lack of
remineralization could lead to much higher DIC, alkalinity, and O2 concentration in the
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deep sea and thus more carbon burial in deep ocean sediments leading to higher pCO2
uptake from the atmosphere. This study investigates changes in dissolved oxygen and
DIC concentrations and distribution in the deep sea as well as the resultant change in
alkalinity and pH.
(2) How are dissolved oxygen concentrations and the solubility of O2 at the sea
surface affected by changes in the atmospheric oxygen concentration?
Oxygen in the atmosphere and dissolved oxygen at the ocean surface are
presumed to be at equilibrium (Broecker and Peng, 1982). This study investigates
changes in oxygen solubility at the sea surface and oxygen concentrations at depth in
response to decreased atmospheric oxygen concentration.
2.4 Fe fertilization experiments
Prediction of future atmospheric dust concentrations is problematic due in part
due to direct uncertain anthropogenic influence (Dale, 1997; Foley et al., 2005; Jickells et
al., 2005; Neff et al., 2008) including atmospheric Fe from combustion (Ito et al., 2012).
Predictions range from large increases to large decreases in dust deposition to the ocean
in the future (Harrison et al., 2001; Tegen et al., 2004; Woodward et al., 2005; Mahowald
et al., 2006). Fe is a limiting nutrient and therefore important to the biological pump and
thus the dissolved oxygen concentration in the ocean. This study examines the response
of ocean oxygen concentration to ocean Fe fertilization changes due to fluctuations in
atmospheric dust with increase atmospheric CO2 emissions.
(1) How would possible changes to atmospheric dust affect oxygen minimum zones
due to changes in Fe fertilization? Would an increase in atmospheric dust
deposition result in increased export production of particulate organic carbon in
regions that are not Fe limited?
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Iron is a rate-limiting micronutrient critical to ocean primary productivity and limits primary
productivity in regions which have a high-(macro) nutrient availability but low-cholorphyll
concentration (Martin, 1990; Behrenfeld et al., 1996). Export production can be reduced
or enhanced by atmospheric dust concentration (Hand et al., 2004; Maher et al., 2010;
Martínez-Garcia et al., 2011). Dust deposition from deserts was reduced by 20-60% in
the next century in a study by Mahowald and Luo (2003). One scenario from this study
exhibited a reduction of desert dust of a 9-24% since pre-industrial times. Other modeling
studies have indicated an increase in dust deposition in this same time span (Tegen et
al., 2004; Woodward et al., 2005; Mahowald et al., 2007; Mahowald et al., 2009).
Observations from ice cores (McConnell et al., 2007) and lake sediments (Neff et al.,
2008) suggest that atmospheric dust has increased in the last 100 years. Dust deposition
could be altered in the future due to increased rainfall, melting ice sheets, desertification,
and increased storm activity (Eisenman et al., 2009). However, these data are limited and
therefore future changes in dust concentration remains uncertain. In this study, we
examine the response of the biological pump and related dissolved oxygen content to
significant changes in the Fe fertilization from atmospheric dust.
(2) Could reduced atmospheric dust deposition in the future mitigate the expansion
of OMZ with increased pCO2 emission?
If atmospheric dust deposition is reduced due to future climate change the areas of
ocean which are Fe-limited could expand. This expansion would reduce primary
productivity and export production of POC and thereby reduce the loss of dissolved
oxygen due to remineralization in the twilight and intermediate depths. The loss of
primary productivity would hinder the ocean’s ability to sequester CO2 from the
atmosphere; however preserving the dissolved oxygen concentrations within the oxygen
minimum zone.
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Figure 2-1 Flow diagram of the impacts of atmospheric CO2 on OMZs.
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Table 2-1 Summary of Experiment
Summary of Experiments
Experiments
Increased pCO2
without Radative
Forcing

Increased pCO2 with
Radative Forcing
Brief Description
Oxygen Distribution and pH Experiments
Reference'simulation'with'preindustrial'atmospheric'CO2'levels'(278'
ppmv).'The'reference'simulation'is'integrated'for'30,000'years.

1 X CO2
2 X CO2 _CC_nf

2 X CO2 _CC_f

3 X CO2 _CC_nf

3 X CO2 _CC_f

4 X CO2 _CC_nf

4 X CO2 _CC_f

6 X CO2 _CC_nf

6 X CO2 _CC_f

8 X CO2 _CC_nf

Experiments with no feedbacks (nf) have an increase of pCO 2 of
1% per year without temperature change. Temperature changes
are applied in experiments with feedbacks (f) as a function of
pCO 2 after Hansen et al. (1988). Each simulation is integrated
for 30,000 years.

8 X CO2 _CC_f
Reduced Atmospheric Oxygen Concentration and Extinction Experiments
Oxygen solubility simulations include preindustrial pCO2 levels
and reduced atmospheric O 2 and reduced primary productivity.
Kill_atmO 2 _50 was simulated with present day productivity with
atmospheric O 2 reduced by 50%. Kill_all_prod was simulated
with primary productivity (POC, Si, CaCO 3 ) reduced to 1X10-20
PgC yr-1 and present day atmospheric O 2 concentrations. A final
experiment (Kill_all_prod_50) include the extinction of primary
producers (1X10-20 PgC yr -1) and a 50% reduction in
atmospheric O 2 . Each simulation is integrated for 1,000 years.

Kill_atmO 2 _50
Kill_all_prod
Kill_all_prod_50

Fe Fertilization Experiments
1 X CO2

4 X CO2

1 X CO2 DUST+50% 4 X CO2 DUST+50%
1 X CO2 DUST-50%

4 X CO2 DUST-50%

Fe experiments were simulated by increasing (+50%) and
decreasing (-50%) the dust fields of Mahowald et al. (2006)
globally. These experiments do not consider land use change.
Fe fertilization simulation with no feedbacks (nf) include only
changes in dust with no increase pCO 2 . Feedbacks are
considered in the simulation at 4 times preindustrial (f) including
temperature change after Hansen et al. (1988). Fe fertilization
sensitivity experiments are integrated for 15,000 years.
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Chapter 3
HAMOCC 2.0 Model Description and Reference Simulation
3.1 Model description
This study is conducted with the Hamburg Oceanic Carbon Cycle Model Version
2.0 (HAMOCC 2.0) that is expanded with an iron cycle, sedimentary phosphorus cycle
and improved atmospheric dust parameterization (Palastanga et al., 2011; Palastanga et
al., 2013). The original HAMOCC was developed by Maier-Reimer and Hasselmann,
(1987) and Heinze et al., (1991) and designed for long-term carbon cycle simulations of
several 10,000 years and is integrated with an annual time step.
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Figure 3-1 Schematic model concept diagram including the sediment biogeochemical
cycling of sedimentary phosphorus (after: Heinze et al., 1991; Palastanga et al., 2011).
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The model has a horizontal resolution of ~3.5° X 3.5° and utilizes an E-grid
(Arakawa and Lamb, 1977) and resolves the equatorial upwelling belt by grid points 1.25°
north and south of the equator. The model provides 11 vertical layers (centered at
25,75,150, 250, 450, 700, 1000, 2000, 3000, 4000, and 5000 meters) with a total depth of
5000 meters (Heinze et al., 1999; Heinze, 2004; Heinze et al., 2006). HAMOCC 2.0
includes one 10 cm thick layer of bioturbated sediment, which is further divided into 11
sub-layers. Transport tracers are simulated using flow fields from the Hamburg largescale geostrophic model (LSG; Maier-Reimer et al., 1993).

Table 3-1 List of model tracers

Model Tracers
Water Column
Dissolved
Solids
Calcium Carbonate (CaCO 3 )
Total Alkalinity
Total CO2 (DIC)
opal
Phophate (PO 4)
clay
Oxygen (O 2)
Particulate Organic Carbon (POC)
Dissolved Organic Carbon (DOC)
Silicic acid
Sediment
Porewater
Solid
Calcium Carbonate (CaCO 3 )
Total Alkalinity
Total CO2
opal
Phophate (PO 4)
clay
Oxygen (O 2)
Particulate Organic Carbon (POC)
Silicic acid

Advection of tracers (Table 3-1) are modeled iteratively by the following tracer
equation:
𝑑𝑐
= −𝑑𝑖𝑣 𝑣 ∙ 𝑐 − 𝑞.
𝑑𝑡
Equation 3-1
where 𝑣 is the velocity vector and q is sources and sinks due to atmospheric exchanges,
riverine input, sedimentary loss, and biogeochemical processes within the ocean. The
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advection of tracers are numerically iteratively solved by an upstream formulation
(Equation 3-2) at each vertical level (Maier-Reimer and Heinze, 1992).
𝑐 !!!" − 𝑐 !
=    −
𝛥𝑡

𝑣! ∗   
!

𝑐!!!!"   − 𝑐 !!!"
− 𝑞!
𝛥𝑥!

Equation 3-2
where vi is the velocity component in the direction of grid point i, 𝛥𝑥! is the distance to the
neighboring grid point i, ci is the tracer concentration at the neighboring grid point i, and qi
is the sources and sinks and grid point i.
Atmospheric CO2 and O2 concentrations are exchanged between the ocean
surface (top 50 m) and zonally mixed atmospheric boxes via the air-sea gas exchange
equations for CO2 and O2. The air-sea gas exchange flux (FCO2) is determined by the
difference in the partial pressure of CO2 (pCO2(sea)) in the sea surface and the
atmospheric pCO2 (pCO2(atm)) at each grid point where λ denotes the gas exchange
coefficient (Heinze et al., 1991):
𝐹!"! =    λ!"!    𝑝𝐶𝑂!(!"#) − 𝑝𝐶𝑂!(!"#) .
Equation 3-3
The gas exchange flux of oxygen (FO2) is an order of magnitude faster than that
of CO2 (FCO2) and is carried out according to a fixed transfer velocity and is assumed to
be at equilibrium between the atmospheric layer and the surface water at the
temperature-dependent saturation level:
𝐹!! =    λ!!    𝑝𝑂!(!"#) − 𝑝𝑂!(!"#) .
Equation 3-4
where λ!! is a fixed gas exchange transger coefficient based on a fixed gas transfer
-1

velocity of O2 at 250 m yr . The solubility of dissolved oxygen depends on temperature,
salinity, and pressure (Weiss, 1970). Oxygen concentrations are determined at each grid
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point and every depth level. The O2 flux into the atmosphere can be neglected since the
atmospheric concentration of O2 is by far larger than the concentration of O2 at the ocean
surface.
The annual export production of particulate organic carbon (PPOC) from the
euphotic zone is calculated via Michaelis Menten kinetics for nutrient uptake
(Takahashi and Parsons, 1973; Heinze et al., 1991) by:
𝑃!"# =

!"#
∗ 𝑃𝑂!!! ! ∗ 𝑟𝑒𝑑 𝐶: 𝑃
𝑉!"#
,
𝐾!!"# + 𝑃𝑂!!!

Equation 3-5
!"#
where 𝑉!"#
is the maximum uptake rate of PO4 per year as a function of sea surface
!"#
temperature (SST) in °C. 𝑉!"#
is determined by:
!"#
𝑉!"#
= 𝐶!! + 𝑆𝑆𝑇 ∗

𝐶!!
,
𝑇!"# − 𝑇!"#

Equation 3-6
where Tmax = 25°C and is the maximum temperature and Tmin = 0.1°C which is the lower
-1

temperature cut off value. CV1 and CV2 are adjustable values of 0.3 yr and 0.7 yr

-1

respectively. 𝐾!!"# denotes the half saturation constant for POC production and red (C:P)
is the C to P Redfield ratio of 122:1 (Takahashi et al., 1995).
Export production of opal (Popal) is calculated via Michaelis Menten kinetics for
silicic acid uptake (Heinze et al., 1991; Heinze et al., 2003) by:
!"#$  

𝑃!"#$ =

𝑉!"# ∗    𝑆𝑖(𝑂𝐻)!
!"#$
𝐾!

+ 𝑆𝑖(𝑂𝐻)!

!

,

Equation 3-7
!"#$

!"#
∗ 2.5  and is the maximum uptake rate of silicic acid per year and
where 𝑉!"# = 𝑉!"#
!"#$

𝐾!

denotes the half saturation constant for opal production.
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CaCO3 production (PCaCO3) is dependent on the particulate organic and opal
production and a threshold value:

𝑃!"!#! =    𝑃!"# ∗ 𝑅!"# ∗

1∗

𝑃!"
𝑃!"#

𝑡ℎ ,

Equation 3-8
where Rmax denotes the maximum value for the rain ratio of CPOC:CCaCO3 and th is the
threshold value for CaCO3 production. This relationship is based on the assumption that
in the present day ocean there is a dominance of the silicate producers (e.g. diatoms)
over the calcareous plankton (e.g. coccolithophores) (Falkowski et al., 2007). The
amount of CaCO3 production is inversely proportional to the Si(OH)4 concentrations, as
silicate acid decreases CaCO3 production increases. In the current version of the model
the maximum value for the ratio of CPOC:CCaCO3 is equal to 0.197 and the threshold for
CaCO3 production is 0.7. Equation 3-8 calculates CaCO3 production for PSi/Porg less than
the threshold value (th). If PSi/Porg is greater than the threshold value the third term is
equal to zero.
All particulate matter in the model is redistributed vertically to the deep through
the particle flux (Equation 3-9), which is assumed to exponentially decline with depth
(Heinze et al., 1991).
𝐹!"# = 𝐹! + 𝐹!
𝐹! =

𝑃!"#
0.0238𝑧 + 0.212

𝐹! = 𝑃!"# − 𝐹! 50𝑚 − 𝑆!"# 𝑒 !!

!!

+ 𝑆!"#

Equation 3-9
Where PPOC is the annual production of POC, SPOC is the part of the PPOC that sinks
immediately to the bottom layer, z is the depth, and dp is the e-folding depth.
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POC flux parameterization does not consider the ballasting effect of minerals from
organism or clay and is calculated by the concentration of POC

12

at each depth multiplied
-1

by a uniform sinking rate (w) for all particles at all depths of 120 m day (Martin et al.,
1987). The POC flux exported from the surface into the deep sea is determined from
organic carbon production multiplied by the thickness of the uppermost layer, the
euphotic zone.
Remineralization of organic matter depends on the fixed Redfield ratio and
oxygen consumption in the water column. Concentration of particulate organic carbon
(POC) remineralization occurs as long as dissolved O2 is larger than the minimum O2
concentration for bacterial decomposition of POC [O2min = 10-5 mol L-1]. The amount of
oxygen available for remineralization of organic matter (𝑂! !" ) depends on the particulate
organic carbon concentration:
𝑓𝑜𝑟    

𝑂! − 𝑂! !"#
𝑂! !!

≥ [𝑃𝑂𝐶]

𝑂! !" = 𝑟! ∗ 𝑃𝑂𝐶
𝑎𝑛𝑑  𝑓𝑜𝑟  

𝑂! − 𝑂! !"#
𝑂! !!

𝑂! !" = 𝑟! ∗

< 𝑃𝑂𝐶

𝑂! − 𝑂! !"#
𝑂! !!

Equation 3-10
where rz denotes the POC remineralization rate in the water column at each depth and
O2RR is the Redfield ratio of O2:C (172:122). The POC remineralization rate (rz) is set to 1
at the surface and 0.05 for all other layers. Once the amount of O2 consumed and
remineralized POC are calculated O2av reduces dissolved oxygen and the concentration
of POC and increases of [𝑃𝑂!!! ] and the concentration of DIC with the stoichiometric
ratios based on the Redfield ratio of Takahashi et al. (1995). Increase in alkalinity is
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considered by the dissolution of calcareous shells and the increase of nitrate by the
remineralization assuming the Redfield ratio of N:C (16:122).
HAMOCC 2.0 includes a sediment module with porewater and solid components
(Table 3-1) that are couple by a reaction rate. For a more detailed description of the
sediment module see Heinze (1991; 2004) and Heinze et al. (1999). Diffusive transport
and porewater reactions (reduction of undersaturation) occur via Equation 3-11
𝑑𝑈
𝜕𝑈
𝜕
=
𝐷!
−𝐺
𝑑𝑡
𝜕𝑧
𝜕𝑧
Equation 3-11
where U is the deviation from the saturation concentration (undersaturation), G is the
reaction rate, and Dw is the diffusion coefficient for porewater diffusion of 8 X 10
2

-6

-1

cm yr . Porewater diffusion and chemical reactions within the porewater are
accomplished simultaneously. Equation 3-12 and Equation 3-13 calculate the final
concentration for solid and porewater components.
𝑆∗!!∆! = 𝑆∗! − ∆𝑡 ∙ 𝑟!∗ ∙ 𝑈 !!∆! ∙

𝑆∗! + 𝑄 ∙ ∆𝑡
+ ∆𝑡 ∙ 𝑄
1 + ∆𝑡 ∙ 𝑟!∗ ∙ 𝑈!!∆!

Equation 3-12
𝑃 !!∆! = 𝑃!"# − 𝑈 !!∆!
Equation 3-13
where rc is the reaction rate, U is the deviation from saturation concentration, Q is the
gain from particle rain, and Psat is the saturation concentration in solution.
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In order to account for the degradation of organic matter in anaerobic conditions,
remineralization of the POC concentration in the sediments becomes active for the pore
-1

water [O2] < [O2crit] with O2crit = 5 µmol L (Palastanga et al., 2011). The oxic pathway
(Equation 3-14) is not dependent on oxygen concentration and occurs in sediments
where the porewater [O2] ≥ [O2crit].
𝐺! = 𝐺! !" = 𝑘!" ∗ 𝑃𝑂𝐶
Equation 3-14
-1

If the pore water [O2] < 5 µmol L then the anaerobic pathway (Equation 3-15
which is dependent on the dissolved oxygen concentration, is activated:
𝐺! = 𝐺! !" + 𝐺! !" = 𝑘!" ∗ 𝑃𝑂𝐶 ∗

𝑂!
𝑂! !"#$

+ 𝑘!" ∗ 𝑃𝑂𝐶 ,

Equation 3-15
where Gc denotes the net rate of POC degradation, Gcox is the aerobic rate of POC
degradation of [POC], Gcax is the anaerobic rate of the degradation of [POC], kox is first
order kinetic constant for aerobic remineralization of [POC], and kax denotes the first
order kinetic constant for anaerobic POC mineralization and O2 is the pore water oxygen
concentration. Palastanga et al. (2011) selected kox and kax by the best fit to global
observed surface POC. Different k values were selected for depths greater than 2000
meters and the more shallow margins (<2000 meters). The values for kox and kax as well
as the sediment mixing rates (bioturbation) are listed in Table 3-1.
Dust deposition and sediments re-suspension are sources of dissolved Fe in
HAMOCC 2.0. Total dissolved Fe is assumed to be free bioavailable inorganic Fe. The
ratio of Fe fixation to POC remineralization and thus the release of Fe back into the water
column is 4 µmol: 1 mol (Parekh et al., 2005; Palastanga et al., 2013). Fe is removed
from the water column through scavenging by:
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𝑑𝐹𝑒 = 𝑑𝐹𝑒!"#$ − 𝐹𝑒!"#$
Equation 3-16
where dFesurf is the dissolved Fe concentration at the surface and Fescav is the amount of
Fe scavenged via Equation 3-17.
𝐹𝑒!"#$ = 𝑘! + 𝑘! 𝑃𝑂𝐶!"#$ + 𝐶𝑎𝐶𝑂! !"#$ + 𝑂𝑝𝑎𝑙!"#$ + 𝑐𝑙𝑎𝑦!"#$

∗ 𝑑𝐹𝑒!"#$ − 𝛼

Equation 3-17
where k0 is the scavenging rate constant, kp is the particle dependent rate constant, and
α is the apparent solubility constant. It is assumed that 10% of scavenged Fe is delivered
to the sediments. Fe is released from the sediments as a function of POC flux from the
-2

-1

bottom water to the sediments at a rate of 0.2 µmol Fe m day for each mmol C m

-2

-1

day . For a more detailed description of Fe processes see Palastanga (2013), Moore
and Braucher (2008), and Aumont and Bopp (2006).
In previous versions of the model particulate organic phosphorus (POP) was
linked to POC by a constant Redfield ratio. Palastanga et al. (2011) introduced a new
approach treating POP as a prognostic variable within the sediments subject to
degradation as well as transport and burial (see figure 3-1). For O2 < O2crit, preferential
regeneration of phosphorus from organic matter the degradation of POP is simulated by
Equation 3-18.
𝐺!!" = 𝛼𝑘!" 𝑃𝑂𝑃
Equation 3-18
where α is an acceleration factor for the anaerobic degradation rate of POP. The
porewater PO4 and O2 dependent precipitation of authigenic carbonate fluorapatite (CaP) (Equation 3-19), formation (Equation 3-20) of Fe-oxide bound phosphorus (Fe-P) are
included in the sediment module. Also include is the dissolution of Fe-P which is
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dependent on the O2 and Fe-P concentration in the sediments (Equation 3-21). The rate
of precipitation (Ra) of authigenic Ca-P is defined as:
𝑅! = 𝑘! 𝑃𝑂! − 𝐶!
Equation 3-19
where ka is the rate constant for Ca-P precipitation, and Ca is the equilibrium
concentration for Ca-P precipitation. The rate of phosphate sorption (Rs) is defined as:
𝑅! = 𝑘! 𝑃𝑂! − 𝐶!
Equation 3-20
where ks is the rate constant for phosphorus sorption, and Cs is the equilibrium
cementation for phosphorus sorption.
𝑅! = 𝑘! 𝐹𝑒𝑃 − 𝑀!
Equation 3-21
where Rm is the desorption rate of phosphorus from Fe-oxides, km is the rate constant for
phosphorus release upon Fe-oxide dissolution, and Mf is the minimum concentration of
Fe-P required for the release of phosphorus.
3.2 The reference experiment
3.2.1 Initial and boundary conditions used
The annually averaged version of the model (Heinze et al., 2006) was integrated
to near equilibrium (200 kyr) at which point total global inventory of dissolved oxygen
varied by <50×10

12

mol per time step. The reference experiment as well as all sensitivity

experiments was started from the equilibrium state. All experiments discussed below,
with the exception of the iron fertilization simulations, were integrated for 30,000 yrs. For
the reference experiment, the model was forced from preindustrial flow fields of the IFG
simulation with a global average temperature of 19°C and a global salinity of 34.8 psu
(Winguth et al., 1999). The initial condition and parameters for the reference experiment
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are listed in Table 3-2 and Table 3-3. Atmospheric pCO2 was prescribed at the
preindustrial level of 279.78 ppmv.

Table 3-2 Initial conditions for the reference experiment
Initial Conditions
Water Column
-1
Parameter Value (mol L )
DIC
2.25 10 -3
Alkalinity
2.33 (eq)
2.54 10 -4
PO 4
1.65 10 -4
O2
Fe (dust)
6.00 10 -10
Atmosphere
Parameter
Value
pCO 2
279.78 ppmv
O2
20.976 mol%

A correction factor is introduced to adjust the atmospheric pCO2 to preindustrial
conditions by:
𝑝𝐶𝑂!!"# = 𝑝𝐶𝑂! ∗ 1 −

𝑝𝐶𝑂!
𝑝𝐶𝑂! !"#

Equation 3-22
where pCO2ref= 279.78 ppmv is the preindustrial atmospheric pCO2 concentration.
Export production of CaCO3 production (Equation 3-8) is limited by the fraction of silicate
production to organic carbon production with a global PIC:POC ratio of 0.181.
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Table 3-3 Parameter value list for the reference experiment (after Palastanga et.al, 2011)
Parameter Values
Parameter
Rate constant for aerobic degradation of sediment
POC (margins)

Value
0.01 a -1

Rate constant for aerobic degradation of sediment
POC (deep sea)

0.005 a -1

Rate constant for anaerobic degradation of
sediment POC (margins)

0.008 a -1

Rate constant for anaerobic degradation of
sediment POC (deep sea)

0.002 a -1

Oxygen saturatin concentration for the redox
boundary
Parameter for preferentail regeneration of P
relative to C

5.0 µ mol L -1
2

Bioturbation coefficient (z<3000m)
Bioturbation coefficient (z>3000m)
Rate constant for P sorption (margins)
Rate constant for P sorption (deep sea)
Equilibrium concentration for P sorption (margins)

1.0 cm 2 a -1
0.3 cm 2 a -1
36.5 a -1
3.65 a -1
0 µ mol L-1

Equilibrium concentration for P sorption (deep
sea)

2 µ mol L-1

Global river input of PO4
Atmospheric (dust) input of PO4
Global river input of Opal
Global river input of CO 3
Global input of Clay (margins and pelagic)

2.7 Tmol year -1
0.3 Tmol year -1
4.5 Tmol year -1
15 Tmol year -1
35 Tmol year -1

Annual mean dust deposition fields are taken from Mahowald et al., (2006) with a
-1

total dust deposition of 989.26 Tg yr . In the reference experiment, the vertical POC flux
does not consider the effect of mineral ballasting of POC (see section 3.1).
3.2.2 Reference Run Results and Discussion
The results of the reference experiment presented in this section were integrated
30,000 years. Prescribed temperature and salinity taken from (Winguth et al., 1999) are
comparable to the observed data from the World Ocean Atlas 2013 (referred hereafter as
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WOA2013; Locarmini, et al., 2013; Zweng, et al., 2013) and to the preindustrial model
simulations of Maier-Reimer (1993). Simulated seawater temperature and salinity are
comparable to the World Ocean Atlas 2013 at 3000 m depth. Compared to WOA2013, a
cooler simulated temperature predicted for the Bering Seaby the LSG, lead to higher O2
solubility at the surface and therefore higher dissolved O2 concentration than the
corresponding data from WOA2013 (Locarmini et al., 2013; Garcia et al., 2014). This bias
may be partially linked to the long-term warming trend over the last decades
(IPCC,2013). Dissolved inorganic carbon (DIC) at the surface is similar to the simulations
of Maier-Reimer (1993) (Figure 3-2 and Figure 3-3) and the observations from the
WOA2013 (Locarmini et al., 2013) with the exception of the Arctic region in which the
reference experiment simulated DIC concentrations at approximately 150 umol/kg less
than Maier-Reimer’s. The decreased simulated DIC in the Arctic region of this
preindustrial simulation could be due to the addition of dust fields (Mahowald et al., 2006)
and Fe and P cycles (Palastanga et al., 2011; Palastanga et al., 2013). Simulated ocean
oxygen concentrations were comparable to Maier-Reimer (1993) and the WOA2013
(Figure 3-4 and Figure 3-5). POC, CaCO3, and opal export and sediment composition are
comparable to Maier-Reimer (1993). However, the model does trend toward higher
export of CaCO3 globally and slightly higher POC and opal export in the tropical latitudes
compared to the empirical algorithm used by Sarmiento and Gruber (2006) (Figure 3-6).
This bias may be linked to overestimation of export production linked to nutrient trapping
(Najjar et al., 1992) at the equator. Sarmiento and Gruber (2006) used the chlorophyll
concentration and sea surface temperature based empirical algorithm of Dunne et al.
(2005) to determine POC export. CaCO3 export and opal export were calculated from the
estimated CaCO3:POC and opal:POC export ratios.
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The sediment composition in percent weight of POC was similar to Sarmiento
and Gruber (2006). However, the opal composition is over estimated in HAMOCC 2.0
compared to Sarmiento and Gruber (2006, Figure 3-7) for the equatorial east Pacific. The
CaCO3 accumulation at the sea floor was slightly underestimated in the equatorial
Pacific. Sarmiento and Gruber (2006) sediment composition data are from Archer (1996)
and Seiter (2004).

-1

Figure 3-2 Surface DIC in µmol L simulated by HAMOCC 3.0 from Maier-Reimer (1993).
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-1

Figure 3-3 Surface DIC in µmol L simulated by preindustrial reference experiment of this
study.

-1

Figure 3-4 Dissolved oxygen concentration in ml L at 3000 m depth from the World
-1

-1

Ocean Atlas 2013. Note that 1 ml L O2 is equal to 44.6 µmol L O2.
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-1

Figure 3-5 Dissolved oxygen concentration in µmol L at 3000 m depth from the
-1

-1

preindustrial experiment of this study. Note that 1 ml L O2 is equal to 44.6 µmol L O2.

In the following paragraphs the oxygen distribution of the reference simulation
will be discussed. Simulated dissolved O2 distribution did represent all five major nonseasonal oxygen minimum zones (OMZs; Chapter 1) of the Pacific Ocean and Indian
-1

Ocean and the OMZ or low oxygen zone (LOZ; dissolved O2 < 90 µmol L ) of the eastern
South Atlantic (Figure 3-8). However, due to the course model grid, the eastern Subtropical and tropical North Pacific OMZ as well as the OMZs in the Indian Ocean (Arabian
Sea and Bay of Bengal) were not resolved. Therefore, this study simulated these as
single OMZs (eastern North Pacific Ocean and Indian Ocean). The LOZ of the eastern
South Atlantic was simulated in the reference experiment with a core of less than 20 µmol
-1

-1

L O2 (~17-19 µmol L ) and therefore was considered a non-seasonal OMZ. Using the
presented OMZ definition the LOZ of the north tropical Atlantic was not simulated as a
permanent OMZ in the reference experiment.
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Figure 3-6 Export production of POC (a), CaCO3 (b) and opal (c) from the euphotic zone
(100m) Sarmiento and Gruber (2006) compared to the preindustrial reference experiment
of HAMOCC 2.0 (d-f) at 25 m depth.
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Figure 3-7 Sediment composition of POC (a), CaCO3 (b) and opal (c) from Sarmiento and
Gruber (2006) compared to the preindustrial reference experiment of HAMOCC 2.0 (d-f).
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Present-day observed permanent OMZs are located between 37°S and 52°N
(Kamykowski and Zentara, 1990; Helly and Levin, 2004; Fuenzalida et al., 2009;
Paulmier et al., 2011). The tropical Pacific OMZ is the most extensive extending from the
coast to approximately 180°E with a maximum depth of 3000 meters (Kamykowski and
Zentara, 1990; Karstensen et al., 2008; Paulmier et al., 2011). The Arabian Sea and Bay
-1

of Bengal are the shallowest with an upper OMZ boundary (≤50 µmols O2 L ) between
44-96 meters (Paulmier et al., 2011). The tropical South Atlantic OMZ extends from
-1

approximately 5°S to 20°S with a western boundary of 70 µmol L near 10°W and a
depth of hypoxia of 300-500 meters (Karstensen et al., 2008). Paulmier and Ruiz-Pino
-1

(2011) estimate the total ocean area ≤20 µmol L to be approximately 8% of the total
oceanic area.

Figure 3-8 Locations of the OMZ at 450 meters depth simulated by HAMOCC 2.0
(reference experiment) [1] Eastern North Pacific OMZ [2] Eastern South Pacific OMZ [3]
Eastern South Atlantic OMZ [4] Indian Ocean.
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The model accurately represented the extent, depth, and core concentration
values of the observed OMZ with the exception of the extension of the North Pacific OMZ
past 180°E to approximately 150°E and a maximum depth of approximately 2300m in the
reference experiment. The difference in horizontal extent between the model simulation
and observed in the Eastern North Pacific OMZ was likely due to the annually averaged
version of the model and therefore the lack of seasonally variability that occurs in OMZs.
-1

The total simulated oceanic area ≤20 µmol L was approximately 8.6% including the
South Sub-tropical Atlantic OMZ. The simulated vertical dissolved oxygen concentration
placed the OMZ cores between 300 and 700 meters in depth (slightly shallower in the
Indian Ocean OMZ). The approximate locations of the simulated cores are shown in
Figure 3-9 and the simulated vertical profiles through the OMZ cores are shown in Figure
3-5.

Figure 3-9 Simulated core locations of present day permanent non-seasonal OMZ. [1]
eastern tropical North Pacific; 110°W, 10°N. [2] eastern tropical South Pacific; 85°W,
10°S. [3] eastern tropical South Atlantic; 5°W, 10°S. [4] Indian Ocean (Gulf of Bengal);
85°E, 7°N.
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Figure 3-10 Simulated vertical dissolved
O2 concentrations through the OMZ cores for a)

eastern North Pacific OMZ [10°N, 110°W], b) eastern South Pacific OMZ [10°S, 85°W], c)
eastern South Atlantic [10°S, 5°W], and d) Indian Ocean OMZ [7°N, 85°E]. Observations
are the annual statistical mean for dissolved oxygen from the World Ocean Atlas 2013
-1

(Garcia et al., 2014). Standard error of the mean; upper ocean: 0.54-2.86 µmol L ,
-1

-1

twilight zone: 0.42-2.32 µmol L , deep ocean: 0.36-1.98 µmol L .
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Chapter 4
Response of Export Production and Dissolved Oxygen Concentrations to pCO2 and
Temperature Stabilization Scenarios
4.1 Introduction
Oceanic uptake of the increased anthropogenic carbon emissions (LeQuéré et
al., 2013) since the industrial revolution will have long-term effects and on the dissolved
oxygen distribution within the ocean. The dissolved oxygen distribution will altered due to
ocean warming and the subsequent decline in solubility as well as variations in the
biological pump due to changes in mixing and enhanced ocean stratification. This study
focused on the extent and physical properties of oxygen minimum zones (OMZ, see
Chapter 3) expansion as well as the formation of new OMZs under future emission
scenarios including the mechanisms that lead to OMZ intensification.
There are five major non-seasonal OMZs discussed in the current literature,
which are the eastern sub-tropical North Pacific OMZ (15°-25°N), the eastern tropical
Pacific OMZ (equatorial region), the eastern South Pacific OMZ (15°-40°S), the Arabian
Sea, and the Bay of Bengal (Kamykowski and Zentara, 1990; Karstensen et al., 2008;
Paulmier et al., 2011). There is limited literature discussing the seasonal variability of the
Atlantic and Indian Ocean OMZs; however, Pacific OMZs have been discussed
extensively and there is strong evidence that expansion is already occurring (Stramma et
al., 2008; Keeling et al., 2010; Stramma et al., 2012). Expansion of the OMZs, shoaling of
the depth of hypoxia (DOH; shallowest depth at which OMZ criteria is meet), and any
shoaling of the OMZ cores into the photic zone could have severe impacts most notably
the decline in ecosystems in the ocean. The low oxygen zone (LOZ; see Chapter 3) of
the eastern tropical South Atlantic was simulated in the reference experiment with a core
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-1

-1

of less then 20 µmol L (approximately 17-19 µmol L ) and therefore was considered a
non-seasonal OMZ.
4.2 Experimental design
Carbon cycle sensitivity experiments were conducted in two sets of scenarios.
The first set of scenario consists of a perturbation of the atmospheric CO2 concentration
relative to preindustrial atmospheric levels (𝑝𝐶𝑂! !"# ;  PAL) of 2 X CO2, 3 X CO2, 4 X CO2,
CO2, 6 X CO2, and 8 X CO2 to explore the sensitivity of distribution of dissolved oxygen
concentration to rising atmospheric ρCO2 level. In these simulations, all other boundary
conditions and model parameters are kept at preindustrial levels (Table 3-2; Table 3-3).
In a second set of experiments the pCO2 levels were accompanied by the associated
changes of the sea surface as well as deep-sea temperature to investigate the response
of the dissolved oxygen distribution to increase in CO2 radiative forcing.
In the CO2 perturbation scenarios atmospheric pCO2 was increased from
preindustrial levels by 1% each year (t) until the perturbed atmospheric pCO2
(𝑝𝐶𝑂! !"#$ )  is stabilized at its maximum level (𝑝𝐶𝑂! !"# ) (Figure 4-1):
𝑓𝑜𝑟  𝑝𝐶𝑂! < 𝑝𝐶𝑂! !"# :  𝑝𝐶𝑂! !"#$ = 𝑝𝐶𝑂! !"# 1 + 0.01   !
𝑎𝑛𝑑  𝑓𝑜𝑟  𝑝𝐶𝑂! ≥ 𝑝𝐶𝑂! !"# :   𝑝𝐶𝑂! !"#$ = 𝑝𝐶𝑂! !"#
Equation 4-1
The 1% increase of atmospheric CO2 concentration follows the IPCC (2013) business as
usual scenario and was stabilized after 70 years for doubling (see also Winguth et al.,
2005). The second set of carbon perturbation scenarios included the feedback of
increasing seawater temperature due to rising atmospheric ρCO2 (Figure 4-1).
Temperature increased as a function of the 1% increase per time step of atmospheric
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ρCO2 and was determined using the equation of Hansen et al., (1988) for the radiative
forcing of CO2 with the addition of a climate model sensitivity of At= 0.6870.
𝛥𝑇 = 𝐴!   6.3  ln  (

𝑝𝐶𝑂!
)
𝑝𝐶𝑂! !"#

Equation 4-2
Thus a doubling of pCO2 in Equation 4-2 resulted in an increase in temperature of ~3°C
which is consistent to the estimate of (Hansen et al., 1988; Archer, 2005). Note that this
enhanced sensitivity include climate feedbacks whereas the direct CO2 warming for 2 X
CO2 is ~1.2°C (Ruddiman, 2001; Houghton, 2004).
The resultant sea surface temperature change for the doubling of pCO 2 for 2 X
CO2, 4 X CO2, 6 X CO2, and 8 X CO2 is 2.8°C, 5.9°C, 8.7°C and 11.5°C respectively
(Figure 4-1). Solubility and chemical kinetic equilibrium constants of the carbon cycle are
adjusted to the changes in pCO2 and temperature at each time step in the temperature
feedback experiments. In addition to experiments with increased pCO2 with and without
radiative forcing (Table 2-1) a reduced biology scenario was added in which primary
productivity and export (Si, CaCO3, and organic carbon) was set to zero following the
approach of Maier-Reimer et al.,(1996). The reduced biology scenario was simulated with
preindustrial pCO2 (279 ppmv).
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Figure 4-1 pCO2 and SST increase from the reference run (a) 2 X CO2 (b) 4 X CO2
(c) 6 X CO2 (d) 8 X CO2 for the first 500 years of a 30k year simulation. The red dashed
line indicates the preindustrial pCO2 level.
4.3 Results
4.3.1 Sensitivity of the dissolved oxygen distribution to reduced biological pump and
atmospheric pO2
4.3.1.1 Sensitivity of dissolved oxygen to reduced biological pump
In order to explore the importance of biological pump (soft tissue pump) to the
distribution and concentration of dissolved oxygen globally in the ocean all productivity
was reduced to zero. This simulation, referred hereafter as the reduced biology scenario,
is similar to the “Kill Biology” experiment by Maier-Reimer et al., (1996). In this simulation
the atmospheric pCO2 was set to preindustrial levels, which is in contrast to the
experiment of Maier-Reimer et al., (1996) with an exponential increase in atmospheric
pCO2. Due to the reduced export production, the DIC concentrations increased at the
-1

-1

ocean surface by >400 µmol kg and by >200 µmol kg in the intermediate and deepwater masses at mid-latitudes and led to a significant rise in total alkalinity by an average
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-1

of 550 ueq kg . As a result, the pH increases by an average of 0.7 units (Figure 4-2)
despite the loss of calcification and CaCO3 burial. Note that weathering rates are kept at
preindustrial conditions in all simulations. Dissolved oxygen increased by >300 µmol L

-1

-1

in the deep-sea and >200 µmol L in the intermediate water masses. The dissolved
oxygen gradient in this reduced biology scenario was controlled by the air-sea gas
exchange of O2 at the surface (Equation 3-2) and the temperature-dependent solubility of
oxygen and not by the vertical POC flux, which was set by definition to zero to the “killed”
productivity. Thus consumption of oxygen by decay of POC is also diminished.
4.3.1.2 Sensitivity of dissolved oxygen to reduced atmospheric pO2
In an additional experiment, the sensitivity of deep-sea dissolved oxygen
concentration to changes in atmospheric O2 concentration was explored by reducing the
atmospheric pO2 by 50%. The decrease in atmospheric pO2 did not alter the dissolved
oxygen concentration in all depths significantly compared to the reference experiment
(Figure 4-4).

a

b

pH NBS scale

Alkalinity ueq kg-1

Figure 4-2 (a) Change in alkalinity from the reference experiment and (b) change in pH
from the reference run for the extinction simulation.
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a

b

Dissolved oxygen µmol L-1

Figure 4-3 (a) Dissolved oxygen concentration for the extinction simulations and (b)
reference simulation oxygen concentration.

Dissolved oxygen µmol L-1

Figure 4-4 Change in dissolved oxygen concentration between the extinction simulation
and the extinction simulation with a 50% reduction of atmospheric O2.

4.3.2 Sensitivity of the oxygen minimum zone to CO2 radiative forcing
In each of the scenarios described above, the simulated OMZs expanded. The
results included the formation of a new OMZ core in the south tropical western Pacific
Ocean. There were significant changes in the distributions of dissolved oxygen
concentrations in all simulations that include CO2 radiative forcing. However, there were
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only slight changes in the distributions of dissolved oxygen concentration for the
simulations, which do not include CO2 radiative forcing (Figure 4-5). Therefore, the
following section will address the expansion of each OMZ and OMZ core as well as the
global change at 2 X, 4 X, 6 X, and 8 X CO2 simulations that included the temperature
feedback.
a"

b"

Figure 4-5 Dissolved O2 concentration simulated by (a) the 4 X CO2 experiment without
CO2 radiative forcing minus the reference experiment (b) the 4 X CO2 with CO2 radiative
forcing simulation minus reference experiment.

4.3.2.1 Simulated OMZ expansion in the eastern tropical Pacific Ocean in response to
CO2 radiative forcing.
For the 2 X CO2 experiment, the OMZ cores (dissolved O2 concentration ≤20
-1

µmol L ) of the eastern North Pacific OMZ and the eastern South Pacific OMZ merge at
the equator and therefore were considered a single OMZ, hereafter referred to as the
eastern Pacific OMZ. At the west coast of North America, the northern extent of the
eastern Pacific OMZ for the 2 X CO2 experiment expanded from 35°N to 65°N. At a depth
of 450 m it extended northward around the northern boundary of the North Pacific gyre
-1

with dissolved oxygen concentrations of ≤20 µmol O2 L in the Gulf of Alaska. The
southern boundary of the Pacific OMZ is located near the coast of Northern Chile at
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approximately 30°S at 450 meters depth. Compared to the reference simulation, the OMZ
in the 2 X CO2 experiment expanded 200 km further to the south. The OMZ western
boundary increased by approximately 550 km to 150°E. The depth of hypoxia (DOH) was
between 150-250 meters. The OMZ had a max depth of 1900 meters, 200 meters deeper
than the reference simulation. The OMZ core shoaled to 380 meters; however, it did not
deepen in the 2 X CO2 simulation. The lowest oxygen concentration in the OMZ core was
-1

17 µmol O2 L in this simulation.
The horizontal extent of the OMZ in the 4 X CO2 scenario was similar to the 2 X
CO2 experiment with the addition of all of the North Pacific outside of the North Pacific
-1

Gyre having an dissolved oxygen concentration of ≤50 µmol L at a depth of 450 meters.
The depth of hypoxia shoaled vertically to between 75-150 m from the surface in the
North Pacific and remained in a depth range of 150-250m in the South Pacific (Figure
4-6). The maximum depth of the Pacific OMZ increased to 2000 m. For the 4 X CO2
experiment, the OMZ core extended ~100 km west and deepened by 200 m compared to
the 2 X CO2 simulations. The depth of the OMZ core did not change in the 4 X CO2
simulations compared to the 2 X CO2 simulations but the minimum dissolved oxygen
concentration decreased by 14 µmol L-1 (Figure 4-7).
There is further extension of the OMZ core south to approximately 50°S (central
coast of Chile) at 450 m depth in the 8 X CO2 scenario relative to the 4 X CO2
experiment. The OMZ core, at a depth of ~2000 meters, did not shoal or deepen in the 6
X and 8 XCO2 compared to the 4 X CO2 experiment. In the 8 X CO2 simulation, the core
-1

became hypoxic with a minimum dissolved oxygen concentration of ≤8 µmol L (Figure
4-7). The 6 X CO2 experiment resulted in a minimum dissolved oxygen concentration of
-1

~12 µmol L .
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4.3.2.2 Simulated OMZ expansion in the eastern tropical South Atlantic in response to
CO2 radiative forcing.
The horizontal expansion of the OMZ in the eastern South Atlantic in the 2 X CO2
simulation remained similar to the reference scenario with a southern boundary at
approximately 25°S and extending northward along the west coast of Africa to the
southern tip of Morocco to approximately 15°N. The depth of hypoxia shoaled from
between 250-450 m in the reference experiment to 150-250 m. The maximum depth of
OMZ increased by 100 m to 1200 m. In the eastern South Atlantic, the OMZ core in the 2
X CO2 experiment expanded relative to the reference experiment 580 km to
approximately 19°S and northward by 110 km (~1° northward propagation). In this 2 X
CO2 experiment, the OMZ core expended vertically; it shoaled to 450 m and deepened to
915 m, which is 65 m deeper than the reference simulation. The minimum dissolved O2
-1

concentration was reduced by 1 µmol L relative to the reference experiment to 17 µmol
-1

O2 L .
For the 4 X CO2 simulation there was insignificant horizontal expansion in the
latitudinal direction (Figure 4-6) relative to the reference experiment. The most notable
area of expansion was in the southwest direction in which the southwestern boundary of
the eastern South Atlantic OMZ extend to ~30°S and ~20°W. The maximum depth
increased by an additional 100 m to a depth of 1300 m. The OMZ core expanded
symmetrically, by about 100 km, encompassing the Gulf of Guinea. The vertical
expansion of the core was negligible between the 2 X and 4 X CO2 simulations; however,
the strength of the core increased significantly with a minimum dissolved O2
-1

concentration of 12 µmol L (Figure 4-7).
Horizontal expansion of the eastern South Atlantic OMZ did not occur between
the 4 X CO2 simulation and the 6 X or 8 X CO2 scenarios. In the 6 X CO2 scenario the
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horizontal extent of the eastern South Atlantic at 450 m depth is reduced from the 4 X
CO2 simulation, where as in the 8 X CO2 simulation the horizontal area expands back to
the extent of the 4 X CO2 simulation. The depth of hypoxia remained between 150-250 m
depth for both 6 X and 8 X CO2 experiments. The maximum depth of the OMZ increased
to 1500 m in the 8 X CO2 simulation. The OMZ core deepened to 1050 m and shoaled
from the 4 X and 8 X CO2 scenarios to 375 m. The minimum dissolved O2 concentration
-1

remained at 12 µmol L for both the 6 X and 8 X CO2 simulations (Figure 4-7).
4.3.2.3 Simulated expansion of the OMZ in the tropical Indian Ocean in response to CO 2
radiative forcing.
The expansion of the OMZ in the Indian Ocean is limited at the western boundary
by the east coast of Africa and the eastern boundary is constrained by the Indonesian
archipelago. The Indian Ocean OMZ included the poorly resolved Arabian Sea and the
Gulf of Bengal, which is limited by the Indian subcontinent. Compared to the reference
simulation, the OMZ extended southward to 10°S in the 2 X CO2 simulation and
deepened by 100 m to 1100 m. The OMZ core did not expand horizontally but deepened
to 900 meters and shoaled by 50m to 225 meters. The minimum dissolved oxygen
-1

concentration was 10 µmol L (Figure 4-7) and remained the lowest concentration for
each of the emissions scenario.
In the 4 X, 6 X, and 8 X pCO2 simulations the horizontal expansion in the Indian
Ocean OMZ was insignificant but it deepened to 1300 m, 1400 m, 1700 m, for the 4 X,
6X, and 8 X CO2 simulations, respectively (Figure 4-6). For the 4 X CO2 experiment the
OMZ core expanded in the western direction to 45°E and deepened by 100 m to 1000 m;
however, the upper boundary of the OMZ remained unchanged. In the 8 X CO2
simulation the core expanded southward by 650 km to approximately 16°S and shoaled
to 100 m for both the 6 X and 8 X CO2 scenarios; however, the lower boundary remained
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unchanged compared to the 4 X CO2 experiment. The depth of hypoxia was located
between 25 m and 75 m in the reference experiment and in all CO2 emission scenarios.
Pacific Ocean
a

b

REF

8XCO2
Atlantic Ocean

c

d

REF

8XCO2
Indian Ocean

e

f

REF

8XCO2

-1

Figure 4-6 Meridional cross-section of dissolved oxygen [µmol L ] in the Pacific OMZ for
the (a) reference experiment and (b) 8 X CO2 experiment, the Atlantic OMZ for the (c)
reference experiment and (d) 8 X CO2 experiment, and the Indian Ocean for the (e)
reference experiment and (f) 8 X CO2 experiment.
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Figure 4-7 Simulated vertical distribution of dissolved O2 through the OMZ cores for a)
Eastern North Pacific OMZ, b) Eastern South Pacific OMZ, c) Eastern South Atlantic
OMZ, and d) Indian Ocean OMZ for the 1 X, 4 X and 8 X CO2 simulations (top). The
bottom row are finer scale dissolved oxygen profiles for the OMZ cores e) Eastern North
Pacific OMZ, f) Eastern South Pacific OMZ, g) Eastern South Atlantic OMZ, and h) Indian
Ocean OMZ for the 1 X, 4 X and 8 X CO2 simulations. Observations are the annual
statistical mean for dissolved oxygen from the World Ocean Atlas, 2013 (Garcia et al.,
-1

2014). Standard error of the mean; upper ocean: 0.54-2.86 µmol L , twilight zone: 0.42-1

-1

2.32 µmol L , deep ocean: 0.36-1.98 µmol L .
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4.3.2.4 Simulated OMZ formation in the western tropical Pacific Ocean in response to
CO2 radiative forcing.
-1

An OMZ core (<20 µmol L O2) was simulated in the western tropical Pacific
Ocean (143E, 2N) near the Bismark Sea after 5000 years integration of the 3 X CO2
simulation. This region was modeled as a low oxygen zone (LOZ) in the reference
simulation. For the 4 X CO2 experiment, the OMZ developed in <2000 yr integration with
-1

a minimum dissolved oxygen concentration of 17 µmol L . The upper boundary of the
OMZ core remained unchanged for all perturbation simulations compared to the
reference. However, the OMZ core deepened from 725 meters at 3 X CO2 to 1000
meters for the 8 X CO2 simulation.

a

2 X CO2

b

4 X CO2

c

8 X CO2

Figure 4-8 Zonal cross-section at 1.25° N of the formation of the western tropical Pacific
OMZ for the (a) 2 X, (b) 4 X and (c) 8 X CO2 simulations. The OMZ core is located
between 130°E and 150°E.
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(Top). The bottom row are finer scale dissolved oxygen profiles for the OMZ cores e) 3 X
CO2, f) 4 X CO2, and g) 8 X CO2 simulations. The black dashed lines indicate the 20 µmol
-1

O2 L threshold for OMZ core. For comparison the annual statistical mean for dissolved
oxygen from the World Ocean Atlas, 2013 () (Garcia et al., 2014) is displayed. Standard
-1

error of the mean for the WOA2013; upper ocean: 0.54-2.86 µmol L , twilight zone: 0.42-1

-1

2.32 µmol L , deep ocean: 0.36-1.98 µmol L .
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4.3.2.5 Export of particulate organic carbon and changes in global dissolved O2
concentration in response to CO2 radiative forcing.
Total particulate organic carbon production and export production of particulate
organic carbon (PPOC) (Equation 3-6) from the euphotic zone into the deep sea (hereafter
referred to as export production) increased predominantly near the equatorial Pacific with
a rise in seawater temperature in response to CO2 radiative forcing (Table 4-1). PPOC in
the northern Indian and western tropical Pacific decreased in response to enhanced CO2
radiative forcing, where as, changes in the east Atlantic Ocean were insignificant.
Table 4-1 Global total particulate organic carbon production and export production of
particulate organic carbon (PPOC) at 30k years.
Change in SST
from Reference
[°C]

Total POC
Production
[PgC yr-1 ]

0

10.53

2 X CO 2

2.8

10.69

1.52

4 X CO 2

5.91

10.79

2.48

6 X CO 2

8.78

10.81

2.67

8 X CO 2

11.5

10.93

3.78

Change in SST
from Reference
[°C]

P POC
[PgC yr-1 ]

Change from
Reference
[%]

Simulation
REF

Simulation
REF

Change from
Reference
[%]

0

9.14

2 X CO 2

2.8

9.28

1.52

4 X CO 2

5.91

9.38

2.59

6 X CO 2
8 X CO 2

8.78
11.5

9.40
9.41

2.81
2.98

Expansion of OMZs and LOZs occurred during the first 2000 years of integration
in each 30k year carbon perturbation simulation. The expansion continued on average
1500 years beyond the year in which the peak pCO2 emission value was reached. The
greatest reduction in surface dissolved oxygen occurred in the eastern tropical Atlantic
OMZ, as a result of CO2 radiative forcing. The total ocean area with a dissolved oxygen
-1

concentration of <50 µmol L expanded at approximately 2% per ~3°C increase in
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seawater temperature which corresponded to a doubling of pCO2 (Table 4-2). A ~3°C
increase in temperature resulted in a shoaling of the OMZ by ~40 m and deepen ~45 m
in the Indian Ocean and eastern South Atlantic Ocean, whereas in the eastern tropical
Pacific OMZ core shoaled by ~20 m and deepened by ~240 m. The total ocean area at
-1

which the dissolved O2 concentration is <50 µmol L increased by 7.5% in the 8 X CO2
simulations. The increase of hypoxic area in to the photic zone is insignificant (< 0.3%)
due to the air-sea gas exchange. However, an area of hypoxia formed in the photic zone
of the Sub-tropical North Pacific Ocean with a dissolved O2 concentration of less than 12
-1

µmol L .
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-1

-1

Table 4-2 Total ocean area and total ocean volume at which dissolved O2 concentrations are ≤50 µmol L , ≤20 µmol L , and ≤12
-1

µmol L respectively for the 2 X, 4 X, 6 X and 8 X CO2 simulations. Total ocean area value is from Volumes of the World’s
Oceans from ETOPO1 (Eakins and Sharman, 2010).

SST
Total Ocean Area Total Ocean Area
Simulation
[°C]
[104 km 2]
[%]
Dissolved Oxygen Concentration ≤ 50 µmol L-1
REF
19.4
5898.9
16.3

~Ocean Volume
[105 km 3]

~Ocean Volume
[%]

Total Ocean Area Total Ocean Area
in the Photic Zone in the Photic Zone
[10 4 km 2]
[%]

766.8

5.7

155.6

0.43

18.8
20.8
22.3
23.8

1088.5
1430.2
1614.1
2173.5

8.1
10.7
12.1
16.2

188.1
206.2
227.9
242.4

0.52
0.57
0.63
0.67

Dissolved Oxygen Concentration ≤ 20 µmol L-1
REF
19.4
3112.3
8.6
2 X CO 2
22.2
3763.7
10.4

186.7
225.2

1.4
1.7

39.8
50.6

0.11
0.14

12.1

350.3

2.6

61.5

0.17

13.5
14.8

537.4
1071.2

4.0
8.0

65.1
65.1

0.18
0.18

1.01
1.4
2.7
2.9
4.0

6.3
8.8
34.5
57.7
115.8

0.4
0.06
0.25
0.43
0.86

0
0
0
2.5
2.5

0
0
0
0.007
0.007

100

13390.3

100

2 X CO 2
4 X CO 2
6 X CO 2
8 X CO 2
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4 X CO 2
6 X CO 2
8 X CO 2
REF
2 X CO 2
4 X CO 2
6 X CO 2
8 X CO 2

22.2
25.31
28.18
30.9

25.31

6803.7
7527.5
8070.3
9879.7

4379.9

28.18
4885.6
30.9
5356.1
Dissolved Oxygen Concentration ≤ 12 µmol L-1
19.4
365.5
22.2
506.6
25.31
987.9
28.18
1049.5
30.9
1447.6
Total Ocean

36190.0

4.4 Discussion
In this study we investigated the expansion of OMZ as a result of increased
seawater temperature in response to CO2 radiative forcing. It is important to note that
changes in ocean stratification due to ocean temperature and density changes were not
simulated and held constant at preindustrial conditions. Therefore, the expansions of
OMZs in this study are the result of changes in O2 solubility and temperature-dependent
productivity (Equation 3-6) and therefore may be modest due to no consideration a
weakened connection between the OMZ and the ocean surface in the future (Glessmer
et al., 2011). It has been suggested that the depth and strength of the thermocline may
influence OMZ expansion and contraction (Deutsch et al., 2007). An increase of the
thermocline in a warmer climate may result in a contraction of the OMZs due to reduced
oxidative demand in hypoxic waters. However, this study assumed a constant
thermocline depth, as the temperature increase is uniform at all depths. Other
assumptions in this study were a constant nutrient inventory (Fe fertilization is considered
in Chapter 6) and Redfield ratio. Changes in the Redfield ratio due to climate change has
been suggested as a possible mechanism of enhanced volume of suboxic water in the
ocean due to the respiration of increased organic carbon (Oschlies et al., 2008).
Measurements of dissolved oxygen concentration in the suboxic regions of the oceans
are limited (Locarmini et al., 2006; Levitus et al., 2013); however, paleo-records and
climate models support the assumption that ocean anoxic events occur during periods of
high pCO2 (Falkowski et al., 2011). Furthermore, OMZs have expanded and contracted
during the glacial interglacial cycles (Galbraith et al., 2004) as well as on shorter time
scales in response to Dansgaard-Oeschger (D-O) events (Cannariato and Kennett,
1999).
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The simulations of this study agree with other studies of model-simulated change
and observed change in the extent of OMZs (Whitney et al., 2007; Karstensen et al.,
2008; Stramma et al., 2008; Shaffer et al., 2009; Falkowski et al., 2011). However, the
simulations presented here have a greater overall decrease in global oxygen
concentration of 9.1% after 300 years of integration for a doubling of pCO2 than previous
studies ranging from 1-7% for various pCO2 emissions and integration times (Matear et
al., 2000; Bopp et al., 2002; Oschlies et al., 2008; Schmittner et al., 2008; Bopp et al.,
2013). The rapid decrease in global dissolved O2 concentration was due to the rapid
change in global ocean temperature linked to the 1% business as usual atmospheric CO2
emissions and therefore resulted in large changes in dissolved oxygen at high latitudes.
However, the dissolved oxygen concentrations in the OMZ areas decreased more slowly
in the model simulations as compared to the observed trends from Stramma et al.,
(2008). Stramma et al., (2008) produced a linear trend for each basin between the depths
of 300-700 m for temperature and oxygen. The study suggests that temperature has
-1

increase by 0.005 °C yr in the Atlantic and Indian Oceans and a temperature decrease
-1

by 0.005 C yr for the Pacific Ocean since the 1960s. The oxygen loss for each basin
-1

-1

since 1960 was approximately 0.23, 0.16, 0.09 µmols O2 kg yr for the Atlantic, Pacific,
and Indian Ocean respectively. Most of the expansion of suboxic area occurred during
the first 2000 years of the 30,000-year simulation due to the slow response time,
particularly in the deep Pacific Ocean. Compared to the reference experiment, the
atmospheric pCO2 is stabilized at the elevated CO2 concentrations in the carbon
perturbation simulations in this study; therefore, there is no recovery and the expanse
and global dissolved oxygen is adjusted after ~2000 years.
In all carbon perturbation simulations the upper boundary of the OMZ cores were
shallower compared to the reference simulation. The shallowest OMZ core was found in
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the Indian Ocean OMZ at ~75 meters. Note that the upper boundary of the OMZ was
located at 75 m depth because above this depth water masses were influenced by the air
sea gas exchange of the uppermost model layer (Figure 4-8, Figure 4-9, and Figure 410). The core was not expected to shallow beyond 50 m depth in the simulations due to
the assumption that the ocean surface oxygen concentration is at equilibrium with the
atmosphere and the simulated surface layer of the top 50 meters. The OMZ core of the
North Pacific had the deepest upper boundary, shoaling approximately 100 meters for the
highest pCO2 carbon perturbation scenario. The slower shoaling of the OMZ in the
tropical Pacific Ocean compared to that of the tropical eastern Atlantic and Indian Ocean
OMZs may be related to difference is solubility as well as linked to a stronger upwelling in
the tropical eastern Pacific Ocean. Downward expansion of the OMZ core is limited by
the lower boundary of the activity-ventilated zone at approximately 2000 meters in the
Pacific. This depth coincides with the depth of the wind-driven circulation, which
remained unchanged in each simulation, because the same wind stress forcing is applied
to all simulations. Deepening of the eastern South Atlantic OMZ and the Indian Ocean
OMZ were limited to the bottom boundary of the well-ventilated mixed layer (~1500 meter
for the Atlantic and ~1000 meters for the Arabian Sea). The ventilation depth of the
Arabian Sea may be over estimated due to the lack of monsoon variation in the model,
which can cause the mixed layer depth to vary greatly in the Arabian Sea.
The expansion of the OMZ in the Indian Ocean and eastern South Atlantic
Ocean were controlled primarily by changes in temperature-dependent oxygen solubility
and to a lesser extent to changes in the temperature-dependent export production of
POC. The extent of the OMZ in the Indian Ocean appears to be insensitive to changes in
the export of organic matter in response to radiative forcing of less than 6 times of the
preindustrial pCO2. Figure 4-11 displays the increased outgassing of oxygen at higher
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pCO2 levels throughout the tropical regions. The water masses of the present day
Arabian Sea and Bay of Bengal are much lower in sea surface dissolved oxygen than
either the tropical Atlantic or tropical Pacific OMZs and exhibited a shallower depth of
hypoxia. Therefore, any further loss of solubility due to ocean warming would cause an
intensification of the OMZ. Findings from this sensitivity study suggest that the expansion
of the Indian Ocean OMZ is controlled by solubility changes rather than changes in the
export production of POC. The extent of the OMZ in the eastern tropical South Atlantic
intensifies mainly due to the change in solubility and exhibited the greatest change in sea
surface dissolved oxygen concentration due to CO2 forcing of all the OMZs simulated
(Figure 4-5). There is an insignificant change in export production of POC in the eastern
tropical South Atlantic OMZ. The extent of the present day OMZ has a much higher
dissolved oxygen concentration due to cooler water masses than in the northern Indian
Ocean. However, the higher salinity of the Atlantic lead to greater loss of O2 solubility at
higher sea surface temperatures as compared to the Indian Ocean or eastern tropical
Pacific Ocean for each pCO2 simulation.
The change in the extent of the OMZ in the Pacific Ocean was driven by the
change in productivity and export production of POC and to a lesser degree by changes
in temperature-dependent dissolved O2 solubility (Figure 4-10; Figure 4-11). Loss of
solubility was greater in the eastern South Atlantic; however, the increase of export
production of POC in the eastern equatorial Pacific OMZ led to significant horizontal
expansion, which was not simulated in the eastern South Atlantic. The model did not
indicate a more significant increase in PPOC in the cold tongue of the Pacific Ocean as
compared to the warm pool in the western Pacific Ocean. However, it is important to note
the simulated CO2-induced seawater temperature change was uniform and therefore the
eastern Pacific seawater temperature remains cooler relative to other regions of the
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Pacific Ocean. The Pacific OMZ did not shoal as significantly as the Indian Ocean or
eastern South Atlantic OMZs but expanded horizontally under the area of high
productivity. Oxygen loss due to remineralization of organic matter was potentially the
main mechanism for expansion of the OMZ in the tropical Pacific Ocean. Figure 4-10 is a
cross section of the amount of oxygen consumed by the remineralization of organic
matter indicating the large influence of organic matter export in the eastern tropical
Pacific OMZ as opposed to eastern South Atlantic OMZ.
In the carbon cycle perturbation simulations, the LOZ that currently exists in the
western tropical Pacific met the criteria of a permanent non-seasonal OMZ for the 3 X
CO2 simulation; however, in <2000 yrs a much stronger OMZ core developed in the 4 X
CO2 simulation (Figure 4-8). The formation occurred northwest of the Gulf of Carpentaria
and expanded into the Banda Sea and south along the west coast of Australia. The
western tropical Pacific OMZ formed in the warm water masses of the Indonesian
throughflow (ITF), which brings warm water westward from the Pacific into the Indian
Ocean. The OMZ was then expanded by the oxygen-depleted water masses originating
from the Leeuwin Current, which flows south around the west coast of Australia. The
controlling mechanism of the formation of the new OMZ core was similar to that of the
Indian Ocean OMZ expansion. There was a net loss of export of production of POC in the
area suggesting the main control of OMZ core formation was loss of O2 solubility due to
increased SST in an area of high heat transport between the Pacific and Indian Oceans.
The formation of an OMZ could be expected in this area of higher SST; however, it is
important to note that the model did not include changes in the intense tidal induced
mixing that may affect sea surface temperatures and dissolved oxygen concentrations
within the Indonesian throughflow.
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4.5 Conclusion and future research
Increased sea surface temperature as a result of CO2 radiative forcing will likely
cause expansion of present-day tropical OMZs as well as the possibility of the formation
of new oxygen depleted regions. Understanding the extent and the mechanisms for these
OMZ expansions is of the upmost importance in order to more accurately predict
environmental changes in these regions. Simulated expansion of the oxygen minimum
zone was greatest in the eastern tropical Pacific Ocean, which was more sensitivity to the
change in export of particulate organic carbon and less sensitive to loss of surface
oxygen solubility. Total production increased greatest in the equatorial Pacific leading to
the rapid horizontal expansion of the OMZ core. The expansion of the OMZ in the eastern
equatorial Pacific Ocean could be reduced due to decrease in the export production of
POC. Moreover, a change in the ecosystem structure could alter the Redfield ratio. A
rise in the seawater temperature and high salinity in the Atlantic surface water lead to the
greatest loss of dissolved oxygen in the intermediate water masses of any of the OMZs
simulated. This loss in solubility caused a greater shoaling and deepening in the eastern
tropical South Atlantic OMZ rather than horizontal expansion. However, the OMZ did
expand more symmetrically than the eastern tropical Pacific OMZ which expanded
horizontally. The Indian Ocean OMZ was restricted in horizontal expansion; therefore,
simulated changes in this OMZ were mostly a vertical expansion of the core, which
expanded at a similar rate as the eastern tropical South Atlantic OMZ due to loss of
oxygen solubility in the region, which is already at very low oxygen concentrations. In
conclusion, as seawater temperature increases as a result of CO2 emission the OMZs
will expand and strengthen as a result of changes in solubility and export of POC. These
changes will limit migration and habitat zones resulting in fundamental changes in the
marine ecosystem. The loss of dissolved oxygen will also result in changes to the carbon
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and nitrogen cycles. Any expansion of hypoxia into the photic zone could be detrimental
to marine ecosystems. Further research on the expansion of OMZ should include
changes in ocean circulation and increases stratification in a comprehensive earth
system model (see e.g. Moore et al., 2013). Changes in the ventilation of the ocean
waters could lead to changes in both the intensity of the oxygen minimum zones as well
as any future expansion.
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d

Figure 4-10 (a) Oxygen lost due to remineralization of particulate organic carbon for the
-2

-1

reference run [µmol m yr ]. Difference between the loss of oxygen due to
remineralization between (b) 2 X CO2 and reference run, (c) 4 X CO2 and reference run
(d) 8 X CO2 and reference experiment.
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Figure 4-11 (a) Difference in export production of POC between the 2 X CO2 experiment
and reference experiment, (b) dissolved oxygen at 450 m depth for the 2 X CO2
experiment, (c) difference in air-sea gas exchange between the 2 X CO2 experiment and
the reference experiment, and (d) sea-water temperature at 450 m depth. The numbers
indicate the OMZ locations; [1] Eastern tropical North Pacific; 110°W, 10°N. [2] eastern
tropical South Pacific; 85°W, 10°S. [3] eastern tropical South Atlantic; 5°W, 10°S. [4]
Indian Ocean (Gulf of Bengal); 85°E, 7°N.
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Figure 4-12 (a) Difference in export production of POC between the 4 X CO2 experiment
and reference experiment, (b) dissolved oxygen at 450 m depth for the 4 X CO2
experiment, (c) difference in air-sea gas exchange between the 4 X CO2 experiment and
the reference experiment, and (d) sea-water temperature at 450 m depth. The numbers
indicate the OMZ locations; [1] Eastern tropical North Pacific; 110°W, 10°N. [2] eastern
tropical South Pacific; 85°W, 10°S. [3] eastern tropical South Atlantic; 5°W, 10°S. [4]
Indian Ocean (Gulf of Bengal); 85°E, 7°N.
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Figure 4-13 (a) Difference in export production of POC between the 8 X CO2 experiment
and reference experiment, (b) dissolved oxygen at 450 m depth for the 8 X CO2
experiment, (c) difference in air-sea gas exchange between the 8 X CO2 experiment and
the reference experiment, and (d) sea-water temperature at 450 m depth. The numbers
indicate the OMZ locations; [1] Eastern tropical North Pacific; 110°W, 10°N. [2] eastern
tropical South Pacific; 85°W, 10°S. [3] eastern tropical South Atlantic; 5°W, 10°S. [4]
Indian Ocean (Gulf of Bengal); 85°E, 7°N.
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Chapter 5
Response of Ocean Acidification to Anthropogenic-Induced Carbon Emission
5.1 Introduction
The global decline of the pH values in the ocean in response to an increase in
anthropogenic-induced CO2 emission since 1850 and the associated impact of CO2 on
the acidification of the marine ecosystem will be discussed in the chapter. As
atmospheric pCO2 increases, the air-sea gas exchange results in higher dissolved CO2
concentration in the surface water. A rise in the dissolved CO2 concentration increases
the calcium carbonate dissolution and decreases the pH value resulting in an increased
bicarbonate concentration (Equation 1-1; Feely et al., 2004; Sabine et al., 2004). Rapid
acidification in the ocean will have a direct effect on calcification, nutrient absorption of
planktonic organism, carbon uptake, and the potential to influence primary productivity as
well as higher trophic marine organisms (Brewer and Peltzer, 2009; Doney et al., 2009;
Hofmann and Schellnhuber, 2009; Bijma et al., 2013).
The two biological pumps (soft tissue pump and CaCO3 pumps; Volk and Hoffert,
1984) may be altered by the ocean acidification. The soft tissue pump may be reduced,
because with a lower pH value ecosystem structure and photosynthesis may be reduced
and thus would reduce the export of POC in the deep sea. The CaCO3 pumps may be
declined due to reduced calcification. The ratio of both biological pumps can be assessed
by the ratio of export of POC and CaCO3 to the deep-sea (Archer, 1994).
The preservation of CaCO3 deposits in ocean sediments is widely used to infer
the depth of calcium carbonate compensation (CCD) of the past. One prominent example
of ocean acidification is the PETM (~55 Ma) with a rapid carbon injection (between
approximately 2000 and 5000 PgC) inferred from a negative δ13C excursion (Zachos et
al., 2008). This carbon pulse may have declined the pH value of surface water masses by
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0.25 to 0.45 and may have lead to a ~2 km shoaling of the carbonate compensation
depth (CCD) in the South Atlantic Ocean (Zachos et al., 2005; Honisch et al., 2012)
contributing to the largest extinction of benthic foraminifera in the last 75 Ma (Crowley
and North, 1988). Another example of ocean acidification with a pH decrease of 0.05
units (or 0.11 relative to preindustrial levels) in response to elevated atmospheric pCO2
concentration is the Pliocene (~3 Ma), a warming period with global SST increase of ~
2.5°C (Bown et al., 2004; Haywood et al., 2009; Seki et al., 2010; Honisch et al., 2012).
However, no calcification response has been documented during this period (Bown et al.,
2004). Changes in pH have been reconstructed for the glacial-interglacial cycles derived
from ratio of B/Ca in foraminifera (Spero et al., 1997; Hönisch and Hemming, 2005; Yu et
al., 2007; Yu and Elderfield, 2007; Honisch et al., 2009; Pelejero et al., 2010; Honisch et
al., 2012). The proxy indicated a lower pH in the surface waters during the interglacial
period compared to glacial period as a result of changes in atmospheric pCO2 levels. The
CCD has deepened in the Pacific Ocean though the Cenozoic due to increased
weathering of silicate and organic carbon bearing rocks (Griffith et al., 2011; Pälike et al.,
2012) from ~3000 m in the early Cenozoic (~50 Ma) to a present day depth of ~4800 m.
A relationship between pH and O2 has been verified for the estuary environment
(Cochran and Burnett, 1996; Burnett, 1997) as well as an inverse relationship between
O2 and total dissolved inorganic carbon (DIC) in hypoxic waters in coastal regions
(Frankignoulle et al., 1996; Yates et al., 2007; Feely et al., 2010; Cai et al., 2011;
Paulmier et al., 2011). The preceding studies determined a coupling between acidification
and hypoxia, which identified acidification as an additional stressor on biota in hypoxic
waters. Brewer and Peltzer (2009) indicated that an increase in seawater pCO2 within
oxygen minimum zones could affect the ‘respiration index’ and thus the pO2, which could
contribute to the expansion of oxygen minimum zones (OMZ). Melzner et al., (2012)
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collected data from the Boknis Eck Time Series Station (Kiel Bay) that included dissolved
oxygen, salinity, temperature, DIC, and pH between 2009 and 2010 in order to explore
the relationships between pH, DIC and dissolved oxygen concentrations in estuarine
habitats with seasonal hypoxia. Using linear and nonlinear regression analysis Melzner et
al., (2012) determined that estuarine environments are highly sensitive to effects of the
increased DIC due to respiration and acidification. In this study we follow the approach of
Melzner et al., (2012) and investigate how an increase in atmospheric pCO2 affects the
relationship between pH and dissolved O2 concentration and DIC through the water
column particularly in areas of low oxygen concentration. However, the approach may be
limited because of the differences in salinity between the Baltic Sea and the global ocean
environment.
5.2 Experimental design
The experimental design to explore the response of the pH value to increased
atmospheric pCO2 is similar to the methods used in Chapter 4. Biological efficiency was
calculated by the sum of dissolved inorganic carbon (DIC) and dissolved organic carbon
(DOC) at each data point and then applying Equation 1-7 at a depth of 3000 meters for
the concentration of organic carbon in the deep sea.
5.3 Results
5.3.1 Sensitivity of ocean acidification to atmospheric carbon input.
The global average pH value decreased with each doubling of the atmospheric
pCO2 (Table 5-1); however, the globally averaged pH remained above 7.0. Feely et al.,
(2009) predicted a decrease in pH value in the tropical Pacific and Atlantic Oceans of
0.13 units for a doubling of atmospheric pCO2. Water masses with a pH <7 were
simulated in the 6 X CO2 experiment (1688 ppmv) in the eastern tropical Pacific Ocean at
a depth of 2000 meters. The acidic water masses (pH ~6.9) extended from the coast of
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Central America to approximately 135°W. In the 8 X CO2 scenario, a pH value of <7.0
(Figure 5-1) with the lowest pH value of 6.8 was simulated in a localized region of the
North Pacific Ocean near 30°N 60°W in intermediate water masses below ~700 m and
deep water masses. None of the simulations resulted in water masses with a pH of <7.0
for the Atlantic Ocean.
Table 5-1 Global sum of PCaCO3 and global average DIC, pH, and carbonate ion
concentrations for the 2 X, 4 X, 6 X and 8 X CO2 simulations.

Experiment

CaCO 3 Export
Production
[PgC yr -1 ]

Reference
2XCO 2
4XCO 2
6XCO 2
8XCO 2

1.24
1.23
1.23
1.22
1.22

DIC
[µmol L -1 ]
2137
2596
2858
2953
3003

Carbonate#
Ion#########
[μmol#kg31]
pH##########################
7.82
7.61
7.34
7.20
7.10

116
97
64
50
43

Table 5-2 Lysocline depth and CCD for the 2 X, 4 X, 6 X and 8 X CO2 simulations.

Experiment
Reference
2XCO 2
4XCO 2
6XCO 2
8XCO 2

Aragonite
Lysocline Depth
Ωar [meter]
500
380
220
150
100
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Calcite Lysocline
Depth Ω ca
[meter]
790
580
385
295
230

CCD
[meter]
4800
4550
3400
3000
2700

a

b

c

d

Seawater pH (NBS scale)

Figure 5-1 (a) pH value of the 1 X CO2 (reference) experiment and the difference in pH
value between (b) 4 X CO2 experiment and reference experiment, (c) 6 X CO2
experiment and the reference experiment, and (d) 8 X CO2 experiment and the reference
experiment simulated by HAMOCC 2.0.
Carbonate ion concentration decreased with a rise atmospheric pCO2 (Table 51). For the 2 X CO2 simulation  [𝐶𝑂!!! ] in the tropical Pacific and Atlantic Oceans
-1

decreased relative to the reference experiment by ~30 µmol kg . For the 4 X CO2
experiment, globally averaged [𝐶𝑂!!! ] concentrations is similar to the 2 X CO2 scenario
-1

with a decrease of ~32 µmol kg or 28% relative to the reference experiment. The
simulated decrease in  𝐶𝑂!!! concentrations presented in this study are modest compared
-1

to the 2 X CO2 to the results of Feely (2010) which estimated a loss of ~50 µmol kg . For
the 4 X, 8 X, and 8 X CO2 scenarios, the [𝐶𝑂!!! ] and pH value decreased rapidly through
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the surface water (Figure 5.2). The decrease in   [𝐶𝑂!!! ] concentration led to a shoaling of
both the Aragonite (Ωar) and Calcite (Ωca) saturation horizon in each simulation (Figure 52 and Table 5-1). The rate of shoaling for Ωar is slightly more rapid than the Ωca. However,
both showed a significant decrease in shoaling rate for the 4 X and 8 X CO2 experiments.
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Figure 5-2 Zonal section of carbonate ion concentration at 2°N (µmol kg-1) for (a)
reference simulation, (b) 4 X CO2, and (c) 8 X CO2 simulations. The solid and dashed
black line indicates the calcite and aragonite saturation horizons. The contour interval for
the pH value is 0.05 units.

Calcium carbonate deposition in the deep sea decreased as atmospheric pCO2
and ocean acidification increased (Figure 5-1), reaching the lowest weight percentage in
the 8 X CO2 simulation (Figure 5-3). In the 4 X CO2 simulation, no measurable CaCO3
accumulation was detected in the Pacific Ocean with the exception of the Coral Sea and
Tasman Sea east of Australia (average depth of 2500-3200 meters). CaCO3
accumulation in the Pacific Ocean decreased by 60% at 4 X CO2 experiment compared
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to the reference simulation. The largest amount of CaCO3 deposits in all simulations were
located in the North Atlantic Ocean; however, for the 4 X CO2 experiment the
accumulation of CaCO3 in sediments was limited to the shallow coastal regions in the
West Atlantic Ocean extending along the coasts of North and South America as well as
the Greenland Sea and Norwegian Sea. The 8 X CO2 simulations resulted in only shallow
CaCO3 deposits due to the severe shoaling of the CCD (Table 5-1; Figure 5-7). In this
simulation, CaCO3 deposits occurred in isolated regions including the Gulf of Mexico,
Timor Sea (west of Australia), Mozambique Channel, and parts of the Greenland and
Norwegian Seas.
5.3.2 Regression analyses of O2, total DIC, and pH.
Regression analysis of 19 simulated water columns under preindustrial
conditions as well as data from the CO2 stabilization scenarios (Chapter 4) resulted in a
linear relationship between pH and O2 at all depths. Simulated water columns in regions
of high dissolved oxygen concentrations and low biological efficiency (e.g. the Southern
Ocean and high latitudes of the Atlantic Ocean) were similar to results of the estuary
studies of Melzner et al., (2012) and Burnett (1997) suggesting a high correlation
between pH value and the dissolved oxygen concentration. In all of the locations
investigated an inverse relationship between total DIC and O2 concentration was
observed which is likely related to biological soft tissue pump. However, the regression
analyses revealed that these correlations are decreased in areas of high biological
efficiency (Figure 5-4 and Figure 5-5). The correlation between the dissolved O2 and DIC
and dissolved O2 and pH in the Atlantic and Indian Oceans increased with increase
atmospheric CO2 concentrations, whereas it slightly decreased for the Pacific Ocean
(Figure 5-6).
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Figure 5-3 CaCO3 accumulations in ocean sediments in percent weight for the (a) reference experiment, (b) 2 X CO2, (c) 4 X CO2,
and (d) 8 X CO2 simulations. Ocean depth contours are displayed in Figure 3-9.
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Figure 5-4 Regression analyses of the reference experiment for six simulated water columns between pH and dissolved O2 (top)
and between DIC and dissolved O2 (bottom). Water column numbers are located in brackets in the top left hand corner. Note that
the dots reflect the water masses at various depths for each location. The location of each water column is displayed in Figure 5-5
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Figure 5-5 Location of water columns used for the regression analyses and the percent

efficiency of the biological pump for the preindustrial simulations.
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Figure 5-6 Regression analysis of a water column in the Southern Ocean simulated by
the 8 X CO2 experiment.
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5.4 Discussion
The preindustrial and future simulations presented here explore the changes to
the carbonate system and oxygen concentrations as atmospheric pCO2 increases. The
pH response to increase pCO2 resulted in a nonlinear decrease per doubling of
atmospheric pCO2. The simulated decrease in pH value is comparable to that of the
Pliocene (~3 Ma) which had an atmospheric pCO2 concentration of ~560 ppmv equating
to a doubling of preindustrial pCO2. At eight times preindustrial pCO2 concentration the
pH value is comparable to the PETM; however, the time scale for the release CO2 is
unknown. Previous model estimates range from 1,000 years to 10,000 years (Panchuk et
al., 2008; Zeebe et al., 2008). The rapid release of pCO2 at a rate of 1% increase per
year simulated in these sensitivity experiments could have resulted in a larger and more
rapid decrease in the pH value due to the increase in DIC and the slow response time of
pH buffering by weathering in the HAMOCC 2.0 model.
The greatest loss of simulated CaCO3 deposition in sediment appeared to be in
the deeper basins of the Pacific Ocean due to reduced CaCO3 production with increased
atmospheric pCO2 and shoaling of the CCD in response to the ocean acidification.
-1

PCaCO3 is reduced by ~4 TgC yr per doubling pCO2; however, the amount lost was
slightly reduced at each doubling of pCO2. Heinze (2004) estimated the loss of CaCO3
production to be 50% by the year 2200 and therefore the total loss of CaCO3 export
production may be underestimated in this study due to the model assumption of a
constant Redfield ratio. The globally averaged CCD shoaled with the increase of
atmospheric pCO2 with a rise of ~2100 m for the 8 X CO2 simulation. This depth is
consistent to estimates for the CCD shoaling in the Atlantic Ocean during the PETM
(Zachos et al., 2008), which resulted in major shifts in marine planktonic communities
(Kennett and Stott, 1991; Zachos et al., 2005). The exponential decline in the rate CCD
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shoaling as pCO2 increased suggests a reduction of CO2 uptake by the ocean at
atmospheric pCO2 concentrations greater than 4 times the preindustrial pCO2 (Figure
5-7) and this was further supported by the decline in shoaling of the calcite and aragonite
saturation horizons (Table 5-1). The simulated CCD in this study was comparable to
Cenozoic record of CCD and atmospheric CO2 produced Pälike et al. (2012), This study,
however, approximates a CCD at the same depth of the Eocene-Oligocene transition with
an increase of <2 X CO2, which is far less atmospheric pCO2 than the reconstruction of
Pälike et al. (2012) which estimates an atmospheric pCO2 for E/O level at ~4 X CO2. This
discrepancy is due to the increased weathering rates during the Eocene-Oligocene
transition owing to glaciation (Zachos et al., 1999; Zachos and Kump, 2005; Liu et al.,
2009; Griffith et al., 2011; Pälike et al. 2012).
2 X CO2

4 X CO2

6 X CO2

8 X CO2

+

Present
°" YD
LGM
Eocene/
" Oligocene
! PETM
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Atmospheric pCO2

Figure 5-7 Simulated globally averaged CCD as a function of atmospheric pCO2 levels
from this study and the estimated CCD for the Pacific Ocean for the present (+), Younger
Dryas (°) (Pälike et al., 2012), last glacial maximum (*) (Thunell et al., 1992; Pälike et al.,
2012), Eocene/Oligocene () (Coxall et al., 2005; Liu et al., 2009; Pälike et al., 2012), and
the CCD estimated derived from the Atlantic Ocean for the PETM (w) (Zachos et al.,
2005; Zachos et al., 2008).
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Regression analysis with simulated water columns resulted in similar
relationships between pH and dissolved O2 as suggested by other studies (Burnett, 1997;
Melzner et al., 2012); however, the correlation between pH value and dissolved O2 was
lower in areas of high biological pump efficiency (Ebp). The low correlation values indicate
a strong biological control on deep-water dissolved O2 concentration in these areas
(Figure 5-4). The weaker relationship in high Ebp could also be attributed to the
respiration parameterization in the model, which should increase DIC and decrease pH in
regions of high productivity. When the biological component was reduced to zero (see
reduced biology simulations; Figures 5-2, 5-3 and Chapter 4) there was a strong
correlation between the pH value and dissolved oxygen as well as between DIC and
dissolved oxygen in regions where the correlation was weak due to biological processes
(Figure 5-8; Figure 5-9). Simulated cores from the Pacific Ocean suggest the strongest
biological control on deep oxygen concentration of all the cores analyzed which further
supports POC export as the primary mechanism for OMZ expansion in the Pacific Ocean
(Chapter 4; Chapter 6). The lack of export production of POC from the surface could
have also affected the relationship between DIC and dissolved O2 concentration because
of the reduction of vertical POC flux would lead to reduced loss of dissolved oxygen from
remineralization. The correlation between dissolved O2 concentration, pH and DIC was
amplified in the Atlantic and Indian Oceans as atmospheric pCO2 increased. However, it
was decreased for the Pacific Ocean due to an increase in efficiency of the biological
pump at higher atmospheric pCO2 levels because the export production of POC is
stimulated with a rise in sea surface temperature. It is important to note that the constant
Redfield ratio in the model resulted in increased primary production in future simulations;
however, other studies have indicated a decrease in production under future emission
scenarios (Plattner et al., 2001; Riebesell et al., 2001; Zondervan et al., 2001). The
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efficiency of the biological pump in the Atlantic Ocean was insignificantly changed with
increased atmospheric pCO2 levels whereas in the Indian Ocean efficiency was slightly
decreased.
NPac OMZ (location ~10N,110W)
Reference!!

No biology!!
[1]

R2=0.51
p<0.0001

R2=0.88
p<0.0001

pH [NBS scale]

[1]

Dissolved O2 [µmol L-1]

Figure 5-8 Regression analysis of pH value and dissolved O2 concentration in a water
column in the North Pacific (location [1] ~10N, 110W) for the reference experiment (left)
and the reduced biology simulation (right).
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NPac OMZ (location ~10N,110W)
Reference!!
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[1]

Total DIC [µmol L-1]

[1]

R2=0.61
p<0.0001

R2=0.89
p<0.0001

Dissolved O2 [µmol L-1]
Figure 5-9 Regression analysis of DIC and dissolved O2 concentration in a water column
in the North Pacific (location ~10N, 110W) for the reference experiment (left) and the
extinction simulation (right).

5.5 Conclusion and future research
As CO2 emissions increase, aqueous CO2 concentration will rise in the oceans
due to the air-sea gas exchange, which will lead to increased ocean acidity and a decline
in marine ecosystem diversity. The globally average calcite CCD shoaled at a rate of
approximately 700 meters per doubling of atmospheric pCO2 and the average ocean pH
value decrease at ~0.2 units per doubling. For the 8 X CO2 simulation, which
corresponds to atmospheric pCO2 levels if all fossil fuels would be burned (Caldeira and
Wickett, 2003) the CCD shoaled to approximately 2100 m and the average ocean pH
value decreased by ~0.7. The change in pH and CCD in response to total carbon
emission, 4480 PgC or 8 times preindustrial pCO2 levels, was similar to changes at the
PETM (Zachos et al., 2005). The future change in CCD in response to increased pCO2
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and radiative forcing was consistent to changes throughout the Cenozoic (Pälike et al.
2012) with the exception of the Eocene-Oligocene transition which was a period of
glaciation resulting in high weathering of silicate rock which was not considered in this
study. The environmental response to such a carbon pulse would likely contribute to
large shifts in planktonic communities as well as a possible extinction of benthic
communities as documented in the geological record of the PETM (Thomas, 2006). The
regression analyses indicated the same relationship between pH value and oxygen
concentration for the water column in the open ocean as in studies of estuaries and areas
of seasonal hypoxia (Cochran and Burnett, 1996; Frankignoulle et al., 1996; Burnett,
1997; Yates et al., 2007; Feely et al., 2010; Cai et al., 2011; Paulmier et al., 2011).
However, there was a weaker correlation for areas with high biological efficiency that
suggest a strong biological control or an under-representation of respiratory processes in
the oceanic carbon cycle model. An increase in respiration processes would result in
higher aqueous CO2 concentrations and therefore a lower pH in these areas. The
relationship between pH and O2 suggest another stress for biological communities in low
oxygen regions by lowering the respiratory index and extending dead zones (Brewer and
Peltzer, 2009). However, Seibel and Childress (2013) have suggested that CO2
concentration could never increase to the point of limiting the respiration reaction.
Without regard to the necessary CO2 concentration for cellular respiratory process to be
interrupted, the relationship between pH value and dissolved oxygen concentration could
still result further biological stress and an expansion of the dead zones due to the
acidification of cellular tissue. Acidification of cellular tissue will limit protein function, in
particular, the oxygen-binding protein, which may affect the dissolved oxygen
concentration required for the organism to survive. Improved respiratory parameterization
could strengthen the prediction of ocean acidification and dissolved oxygen concentration
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especially in areas of high biological pump efficiency and thereby improving the models
accuracy in simulating changes to the global carbon cycle. In conclusion, the
sequestration of CO2 by the ocean will have direct impacts on marine ecosystems,
carbon cycle, and climate system and could lead to extinction of primary producers and
well as higher organisms. Reduced species range and altered migration patterns of
marine organism could impact fisheries and economies as well as have a profound effect
on communities that rely on the ocean as their primary food source.
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Chapter 6
Affects of Changes in Atmospheric Dust Deposition on Iron Fertilization and Dissolved
Oxygen Concentration in the Ocean
6.1 Introduction
Atmospheric dust deposition is altered by the climate through changes in
vegetation, desertification, and changes in dry and wet deposition. Atmospheric dust
deposition can decrease by up to 50% (Mahowald et al., 2006) due to increased wet
deposition in the tropics and polar regions due to climate change. Iron (Fe) fertilization by
atmospheric dust deposition can stimulate the biological pump and thus the sequestering
of atmospheric CO2 in the ocean by enhancing productivity in iron-limited regions such as
the Pacific and Southern Oceans (e.g. Joos et al., 1991; Buesseler et al., 2004; Aumont
and Bopp, 2006; Blain et al., 2007; Buesseler et al., 2008; Buesseler, 2012). Iron is a
limiting nutrient in the ocean (Martin and Fitzwater, 1988), as it is absorbed by
phytoplankton and cyanobacteria and then assimilated by higher organisms allowing
more efficient use of macronutrients. An increase in the biological efficiency and pCO2
uptake enhances the POC export and thus reduces the dissolved oxygen concentration
in the subsurface layers where POC is remineralized, in particular, the oxygen minimum
zones (OMZ; see Chapter 1 and Chapter 4). Glacial-interglacial changes in the
atmospheric dust deposition are hypothesized to be relevant in altering export production
and particle flux in the deep sea (Ittekkot, 1993; Howard et al., 2006) and thus the air-sea
gas exchange of CO2 (Mahowald et al., 2006; Maher et al., 2010; Palastanga et al.,
2013)
Predictions have ranged from significant decreases to increases in the amount of
atmospheric dust under increased atmospheric pCO2 conditions (Harrison et al., 2001;
Tegen et al., 2004; Woodward et al., 2005; Mahowald et al., 2006). Prediction of
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atmospheric dust concentrations is uncertain due in part due to natural and
anthropogenic influences (Dale, 1997; Foley et al., 2005; Jickells et al., 2005; Neff et al.,
2008) including atmospheric iron emissions from combustion engines and coal-fired
power plants (Ito et al., 2012). Natural dust emissions originate from the Sahara and
Sahel deserts of North Africa (67%), and the Gobi desert and other deserts of central
Asia (25%) (Zender et al., 2004). Smaller amounts of natural dust are deposited in the
Southern Ocean originating from Australia, South Africa, and Patagonia (8%) (Maher et
al., 2010). The advection of dust from Africa leads to high dust deposition and Fe
concentration in the Atlantic Ocean, particularly off the coast of North Africa.
Many studies (e.g. Joos et al., 1991; Buesseler et al., 2004; Aumont and Bopp,
2006; Blain et al., 2007; Buesseler et al., 2008; Buesseler, 2012) have examined
processes linked to iron fertilization and it’s importance to the biological pump and the
associated change in atmospheric pCO2. In particular, these studies consider the
importance of Fe limitation as a control of productivity and biomass in high-nitrate, lowchlorophyll (HNLC) regions of the ocean. This study examines the response of ocean
oxygen concentration to ocean iron fertilization changes due to fluctuations in
atmospheric dust under future emission scenarios including temperature feedbacks.
6.2 Experimental design
Atmospheric dust deposition, suspension of Fe from particles, and sediments resuspension are sources of dissolved Fe in the water column. In this study, atmospheric
dust deposition was modified in two sets of scenarios. In the first set of scenarios the dust
deposition was decreased globally by 50% relative to the dust deposition from Mahowald
-1

et al. (2006), resulting in a global Fe deposition of 975 Tg yr and a second set of
-1

scenarios with global increase by 50% for a deposition of 2925 Tg yr . These changes
are consistent with the bulk of future dust deposition estimates which range from small
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dust deposition changes to up to five times higher or lower than present-day (Hand et al.,
2004; Tegen et al., 2004; Woodward et al., 2005; Mahowald et al., 2007; Mahowald et al.,
2009; Maher et al., 2010; Martínez-Garcia et al., 2011). This study did not consider
regional changes in the dust emission, e.g. from land use changes, industrial combustion,
or biomass burning (Guieu et al., 2005; Luo et al., 2008). For each altered dust scenario
two simulations are conducted; one with preindustrial atmospheric pCO2 concentration (1
X CO2 DUST-50% and 1 X CO2 DUST+50% respectively) and with four times the
preindustrial atmospheric CO2 level (4 X CO2 DUST-50% and 4 X CO2 DUST+50%). The
4 X CO2 simulations included radiative forcing following Equation 4-2. For all
experiments, iron solubility constant, ratio of Fe fixation to organic matter, and
scavenging rate constant, which is limited in the study to the particle concentration in the
water column, are taken from Palastange et al. (2013). All sensitivity experiments were
integrated for 15 kyrs. A brief description of the experiments are listed in Table 6-1, also
see Chapter 2; Table 2-1. A recovery simulation was also completed with a 50% increase
in dust deposition for 15,000-years and thereafter with present-day dust deposition for an
additional 15,000 years. The recovery experiment was simulated with preindustrial
atmospheric pCO2 levels.
6.3 Results
6.3.1 Particulate organic carbon export response to changes in atmospheric dust
deposition.
The reference (1 X CO2) simulation was comparable to the preindustrial
simulation of Palastanga (2013). Atmospheric dust depositions for the dust sensitivity
experiments are shown in Figure 6-1. Compared to the observed dissolved Fe
distribution of Johnson et al. (1997) the simulated dissolved Fe concentration are
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Table 6-1 Description of the dust deposition experiments.
Experiments
1 X CO2
4 X CO2

Brief Description
Preindustrial pCO2 and atmospheric dust deposition (1 X CO 2 ) and a four time
preindustrial pCO 2 simulation with preindustrial atompsheric dust concentration (4 X
CO2 )

4 X CO2 DUST+50%

Preindustrial pCO2 and an increase in atmospheric dust deposition by 50% from
preindustrial (1 X CO 2 DUST+50%) and a four time preindustrial pCO 2 simulation with
a 50% increase in preindustrial atompsheric dust deposition (4 X CO 2 DUST+50%)

1 X CO2 DUST-50%
4 X CO2 DUST-50%

Preindustrial pCO2 and a reduction in atmospheric dust deposition by 50% from
preindustrial (1 X CO 2 DUST-50%) and a four time preindustrial pCO 2 simulation with
a 50% reduction in preindustrial atompsheric dust deposition (4 X CO 2 DUST-50%)

1 X CO2 DUST+50%

underestimated at the equatorial and subtropical latitudes and overestimated at the high
latitudes. This model-data discrepancy was most likely due to the high scavenging rates,
which are at a uniform rate in the model in order to more accurately represent surface Fe
concentrations (Palastanga et al., 2013). In the Southern Ocean and equatorial Pacific
Ocean the un-ballasted POC flux was comparable to Howard (2006) (Figure 6-3).
2

-1

However, the flux was underestimated by ~200 mmol C m- yr for the subtropical North
2

-1

Atlantic Ocean and overestimated by ~150 mmol C m- yr in the Indian Ocean. The total
production export intensified in the increased dust deposition simulations by ~5% and
~6% for the 1 X CO2 DUST+50% and 4 X CO2 DUST+50% respectively and reduced by
~9% and ~7% in the 1 X CO2 DUST-50% and 4 X CO2 DUST-50%. The export
production of POC accounted for ~95% of the change in total production export in all dust
deposition experiments. Global mean total production export and export production of
POC (PPOC) for each simulation are listed in Table 6-2.
6.3.2 Particulate organic carbon export response to an increase of atmospheric dust.
The most notable increase in POC export production (PPOC) for the 1 X CO2
DUST+50% and the 4 X CO2 DUST+50% simulations were in the equatorial Pacific
Ocean and South Atlantic and Indian Ocean between 40°S-50°S (Figure 6-2). There was

89

also a significant increase in POC export production in the Sea of Okhotsk. The 1 X CO2
-2

-1

DUST+50% simulation resulted in an increase of POC export by 20-30 gC m yr in the
-2

-1

equatorial Pacific Ocean and ~10 gC m yr in the South Atlantic Ocean. An increase in
atmospheric dust deposition did not increase the export production of POC in regions that
are PO4 limited such as the North Atlantic Ocean. Changes in POC export production
due to increased dust deposition resulted in insignificant changes in the un-ballasted
POC flux to the deep sea in areas that are not iron-limited as well as the Southern Ocean
(Figure 6-3). The POC flux in the equatorial Pacific Ocean increased (~100 mmol C m

-2

-1

yr ) in water masses above 1000 m; however, there was insignificant change in flux for
masses below ~1000 m. The 4 X CO2 DUST+50% experiment resulted in a further rise in
POC export production from the 1 X CO2 DUST+50% in the equatorial Pacific Ocean of
-2

-1

>12 gC m yr due to the temperature-dependent increase in productivity and extended
the area of high productivity eastward (Figure 6-2). The export production of POC (PPOC)
-2

-1

in the Indian Ocean and South Atlantic Ocean increased by >6 gC m yr . For the 4 X
CO2 DUST+50% scenario, the area of increased POC export production in the Sea of
Okhotsk extends eastward into the Bering Sea. The 4 X CO2 DUST+50% did not result in
increased PPOC for regions that are not iron-limited due to temperature-dependent
productivity or Fe fertilization.
6.3.3 Particulate organic carbon export response to a reduction of atmospheric dust.
The 1 X CO2 DUST-50% experiment resulted in a reduction of PPOC for the
equatorial Pacific Ocean and the South Atlantic and Indian Oceans between 40°S and
50°S (Figure 6-2). There was also a reduction in the Sea of Okhotsk. No significant
change in PPOC occurred in areas of high Fe concentration within the tropical Atlantic and
Indian Ocean in the 1 X CO2 DUST-50% simulation. In Fe-limited regions, including the
-2

-1

equatorial Pacific Ocean, PPOC decreased by 10-15 gC m yr . The region of high
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productivity in the tropical Pacific Ocean was restricted in the 1 X CO2 DUST-50% to
10°N and 10°S of the equator and contracted eastward by 15° longitude. The POC flux to
the deep-sea was reduced in the surface water of the eastern tropical Pacific Ocean by
-2

-2

~200 mmol C m yr ; however, the change was insignificant in the intermediate and
deep-water masses (Figure 6-3). The addition of 4 times the preindustrial pCO2, including
radiative forcing, resulted in little change in the PPOC in the 4 X CO2 DUST+50%;
however, the 4 X CO2 DUST-50% resulted in significantly reduced productivity in the
tropical Pacific Ocean compared to the 1 X CO2 and 4 X CO2 experiments (Figure 6-2).
Also, the temperature-dependent productivity allowed for slightly more PPOC in the Sea of
Okhotsk stretching into Bering Sea at higher atmospheric CO2 concentration.

Table 6-2 Global means and percent change from the reference simulation for soluble
iron, dissolved O2, total productivity and export production of POC for the dust
perturbation experiments after 15kyr integration.

Experiment
1"X"CO 2 "[reference]

Soluble"Fe""""""
[nmol"L 61]
0.9665

"Δ"[%]

Global"Mean"
Dissolved"O2""""""""""""
"Δ"[%]
[μmol"L61]
193.3

Global"Mean""
Total"Production"
Export"""""""""""""
[PgC"m 2 "yr 61]
"Δ"[%]
32.07

Global"Mean"POC"
Production"Export""""""""""""
[PgC"m 2 "yr 61]
"Δ"[%]
27.9

4"X"CO 2

0.9726

0.6

167.1

613.6

32.56

1.5

28.4

1.7

4"X"CO 2 "DUST+50%
1"X"CO 2 "DUST+50%
4"X"CO 2 "DUST650%
1"X"CO 2 "DUST650%

1.0169
1.0234
0.9365
0.9644

5.2
5.8
63.2
60.2

165.1
190.0
171.6
199.5

614.6
61.8
611.3
3.9

33.99
33.72
29.77
29.26

5.9
5.1
67.2
69.0

29.6
29.3
26.1
25.6

6.1
5.0
66.5
68.3
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Soluble Fe [nmol L-1]

Dust deposition [g cm-2 yr-1]

Figure 6-1 Simulated atmospheric dust deposition for the (a) 1 X CO2 DUST-50%, (b) 1 X
CO2, and (c) 1 X CO2 DUST+50% simulations and sea surface dissolved iron
concentrations for the (d) 1 X CO2 DUST-50%, (e) 1 XCO2, and (f) 1 X CO2 DUST+50%
simulations.
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f

2

-1

Figure 6-2 Export production of POC (PPOC) [gC m yr ] for the (a) 1 X CO2 DUST-50%,
(b) 1 X CO2, (c) 1 X CO2 DUST+50%, (d) 4 X CO2 DUST-50%, (e) 4 X CO2, and (f) 4 X
CO2 DUST+50% experiments.
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Depth [meter]

a) Arabian
Sea

b) Subtropical
N. Atlantic

c) Equatorial
Pacific

d) Southern
Ocean

POC Flux [mmol C m-2yr-1]

Figure 6-3 POC flux for the 1 X CO2 (solid), 1 X CO2 DUST+50% (dashed), and1 X CO2
DUST-50% (dashed-dot-dot) for the (a) Arabian Sea [10°S,70°E], (b) subtropical North
Atlantic Ocean [30°N, 30°W], (c) equatorial Pacific Ocean [0°, 140°W], and (d) Southern
Ocean [65°S, 110°W]. The circles are POC flux inferred from observations (Honjo et al.,
1980; Honjo et al., 1995; Hammond et al., 1996; Rabouille et al., 1998).

Export production of POC [gC m2 yr-1]

Figure 6-4 Increase in export production of particulate organic carbon (PPOC) due to
temperature-dependent productivity (difference between the 4 X CO2 and 1 X CO2
experiment.
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6.3.4 Global dissolved oxygen concentration response to changes in dust deposition.
The 1 X CO2 DUST-50% and 1 X CO2 DUST+50% simulations indicated a
sensitivity of global mean dissolved oxygen concentrations to changes in atmospheric
dust deposition. A reduction of dust deposition by 50% over the ocean increased global
-1

mean dissolved oxygen concentrations by >6 µmol O2 L due to a reduced biological
pump, whereas, an increase in dust deposition resulted in a depletion of dissolved O2
-1

concentration by ~3 µmol O2 L due to increased biological pump (Table 6-1). Increased
atmospheric pCO2 and the associated radiative forcing resulted in a reduction of global
-1

mean dissolved oxygen concentrations by ~30 µmol L (see Chapter 4). With the
reduction of atmospheric dust deposition at 4 time pCO2 (4 X CO2 DUST-50%) the loss of
-1

dissolved oxygen concentration was reduced to ~20 µmol L as compared to the 1 X
CO2 simulation. An increase in the atmospheric dust deposition by 50% (4 X CO2
DUST+50%) resulted in a reduction of the global mean dissolved oxygen concentration
-1

by only ~2 µmol L as compared to the 4 X CO2 simulation.
For the 1 X CO2 simulations (1 X CO2 DUST-50% and 1 X CO2 DUST+50%) the
-1

changes in total ocean area with dissolved O2 concentration of <50 µmol O2 L were due
to changes in the biological pump as a result of modifications in the dust deposition to the
ocean. The 1 X CO2 DUST-50% simulation resulted in a less efficient biological pump
-1

and the ocean area with dissolved O2 concentration of <50 µmol O2 L decreased by
~4% as compared to the 1 X CO2 simulation. In contrast, the increased efficiency of the
biological pump in the 1 X CO2 DUST+50% simulation resulted in ~6% increase in total
ocean area. The total ocean area with dissolved O2 concentration of <50 µmol O2 L

-1

(Table 6-2) expanded in both the 4 X CO2 DUST-50% and 4 X CO2 DUST+50%
simulations relative to the 1 X CO2 reference simulation. For the 4 XCO2 DUST-50%
simulation, the expansion was the result of temperature-dependent productivity and loss
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of solubility due to higher seawater temperature. However, the larger expansion in the 4
X CO2 DUST+50% simulation was due to the addition of Fe resulting in dust-stimulated
biological pump. The largest increase in total ocean OMZ area occurred in the 4 X CO2
6

2

DUST+50% scenario which resulted in a total area of over 90 ✕ 10 km a 13% increase
in total area relative the 1 X CO2 simulation. However, the increased dust deposition by
50% at 4 times pCO2 (4 X CO2 DUST+50%) resulted in only a ~1% increase in total
-1

ocean area with dissolved O2 concentration of <50 µmol O2 L as compared to the 4 X
CO2 simulation with preindustrial dust deposition of Mahowald at al., (2006).

-1

Table 6-3 Total ocean area (~volume) with a dissolved O2 concentrations of ≤50 µmol L ,
-1

≤20 µmol L , for the experiments listed in Table 6-1 after 15k yrs of integration. Total
ocean area is estimated from ETOPO1 (Eakins and Sharman, 2010).

1"X"CO 2 "[reference]
4"X"CO 2
4"X"CO 2 "DUST+50%
1"X"CO 2 "DUST+50%
4"X"CO 2 "DUST<50%
1"X"CO 2 "DUST+50%

Total"Ocean"Area"
[106 "km2 ]
Ocean"Area"[%]
Oxygen"Concentration"≤"50"μmol"L <1
60
16.6
83
23.03
90
24.9
66
18.3
66
18.25
44
12.3

1"X"CO 2 "[reference]
4"X"CO 2
4"X"CO 2 "DUST+50%
1"X"CO 2 "DUST+50%
4"X"CO 2 "DUST<50%
1"X"CO 2 "DUST+50%
Total"Ocean

Oxygen"Concentration"≤"20"μmol"L <1
60
8.8
83
12.3
90
13.4
66
10
66
9.59
44
6.19
36
100

Experiment
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Total"Ocean"Area"in"
the"Photic"Zone"[10 5"
km 2 ]

Ocean"Area"in"the"
Photic"Zone"[%]

15
20
21
15
19
13

0.43
0.56
0.59
0.43
0.53
0.38

3.9
5.7
6.1
5.7
5.0
2.7

0.11
0.16
0.17
0.16
0.14
0.075

6.3.5 Oxygen minimum zone response to changes in dust deposition.
Individual OMZ response to changes in atmospheric dust deposition differed
between ocean basins (Figure 6-5 and Figure 6-6). The eastern subtropical Atlantic
Ocean OMZ and the Indian Ocean OMZ responded similarly to changes in dust
deposition with no significant dissolved oxygen response within the OMZs. In the Atlantic
and Indian Ocean, dissolved oxygen concentration in all dust deposition perturbation
simulations changed insignificantly in non-OMZ areas. The 1 X CO2 DUST-50%
-1

simulation resulted in increased dissolved oxygen (~10 µmol L ) along the east coast of
South America extending into the South Atlantic Ocean. However, the increased
dissolved oxygen in this region was diminished in the 4 X CO2 DUST-50% simulation. For
the 1 X CO2 DUST-50% simulation, dissolved oxygen concentration increased in the
-1

deep Indian Ocean by ~10 µmol L .
The North Pacific OMZ response to dust deposition was notable for each
simulation indicating a high sensitivity in the North Pacific Ocean to perturbation in the
dust deposition in this region. The 1 X CO2 DUST+50 resulted in an expansion of the
-1

North Pacific OMZ core (< 20 µmol O2 L ) horizontally to 155°E and 10° westward
longitude change from the 1 X CO2 reference simulation and a deepening of the OMZ
core by 500 m as compared to the 1 X CO2 simulation (Figure 6-7). However, the 4 X
CO2 DUST+50% did not result in further expansion of the North Pacific OMZ as
compared to the 4 X CO2 simulation without additional dust deposition. Changes in the
dissolved oxygen concentrations within the OMZ and its core were insignificant in the 1 X
CO2 DUST+50 and 4 X CO2 DUST+50% simulations (Figure 6-6). For the 1 X CO2
-1

DUST+50% simulation there is a loss of ~20 µmol L below the OMZ at ~2200 m. With
the addition of atmospheric pCO2 (4 X CO2 DUST+50%) the loss of dissolved oxygen
-1

concentration is reduced to ~10 µmol L at ~2200 m.
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The horizontal expansion of the North Pacific OMZ core was restricted in the 1 X
CO2 DUST-50% and 4 X CO2 DUST-50% simulations (Figure 6-7). The 1 X CO2 DUST50% reduced the extent of the OMZ by 5° longitude from the 1 X CO2 reference
simulation to approximately 170°E (Figure 6-5; Figure 6-6). A decrease in dust deposition
of 50% neutralized the expansion of the OMZ due to increased radiative forcing in the 4 X
CO2 DUST-50% simulation relative to the 1 X CO2 experiment. Therefore, the OMZ core
in the North Pacific Ocean did not altered significantly (Figure 6-8). The greatest
response of dissolved oxygen concentration in the Pacific Ocean to dust deposition
occurred at the depths between 1000 and 3000 m with an increase in dissolved oxygen
-1

concentration of ~50 µmol L at 2500m in the 1 X CO2 DUST-50% simulation (Figure 69). Dust deposition reduction scenarios (1 X CO2 DUST-50% and 4 X CO2 DUST-50%)
-1

resulted in an average increase of 5-10 µmol L in the surface waters of the Pacific
-1

Ocean (figure 6-6) in dissolved O2 concentration and over 25 µmol O2 L near the North
Pacific OMZ.
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Dissolved O2 [µmol L-1]
-1

Figure 6-5 Dissolved oxygen concentration [µmol L ] at a depth of 400 m for the a) 1 X
CO2 DUST-50%, b) 1 X CO2, c) 1 X CO2 DUST+50%, d) 4 X CO2 DUST-50%, e) 4 X CO2,
and f) 4 X CO2 DUST+50% simulations.
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f

Dissolved O2 [µmol L-1]

Figure 6-6 Difference between the simulations with a 50% reduction in atmospheric dust
deposition for the a) 1 X CO2 and b) 4 X CO2 simulations. Dissolved oxygen
-1

concentration [µmol L ] for c) 1 X CO2 and d) 4 X CO2 simulations without a dust
perturbation. Difference between the simulations with a 50% increase in atmospheric
dust deposition for the e) 1 X CO2 and f) 4 X CO2 simulations.
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a

b

Dissolved O2 [µmol L-1]
-1

Figure 6-7 Dissolved oxygen concentrations [µmol L ] for the OMZ cores for (a) 4 X CO2
DUST-50% and (b) 4 X CO2 DUST+50% simulations.

Dissolved O2 [µmol L-1]

-1

Figure 6-8 Difference in dissolved oxygen concentration [µmol L ] between the 4 X CO2
DUST-50% and the 1 X CO2 reference simulation.
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b) 4 X CO2

a) 1 X CO2

Dissolved O2 [µmol L-1]
Preindustrial dust deposition
50% reduction in preindustrial dust deposition
50%increase in preindustrial dust deposition
Observed dissolved O2 concentrations [WOA 2013]

Figure 6-9 Vertical dissolved oxygen concentration profiles [µmol L-1] at ~10N, 140 W for
the a) 1 X CO2 and b) 4 X CO2 simulations. The observations are taken from the World
Ocean Atlas, 2013 (Garcia et al., 2014). Standard error of the mean; upper ocean: 0.54-1

-1

-1

2.86 µmol L , twilight zone: 0.42-2.32 µmol L , deep ocean: 0.36-1.98 µmol L .

6.4 Discussion
Future changes in atmospheric dust deposition will influence the export
production of POC, vertical carbon flux, and dissolved oxygen concentration in the ocean.
Unlike previous studies, the dust deposition experiments presented here focus on the
response of the biological pump and dissolved oxygen concentration to perturbation in
the Fe flux into the ocean. It is important to note that ocean stratification and changes in
upwelling regions due to CO2 radiative forcing were not considered and could have
further implications on dissolved oxygen concentration and POC export. The most
significant change in dissolved iron concentration in response to dust deposition occurred
in the surface water of the Arabian Sea. An increase in dust deposition and thus,
dissolved Fe concentration, in this region, did not significantly alter the export production
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of POC with may be related to overestimated simulated soluble Fe utilization for the
Arabian Sea. An increase in the dust deposition over the North Atlantic resulted in
moderate rise in dissolved Fe concentrations in the surface water; however, this region is
not Fe-limited and therefore the change in productivity relative to present day dust
concentrations is insignificant for the dust perturbation simulations. The most notable
change in the Atlantic Ocean in response to dust deposition perturbation was in the
South Atlantic Ocean as a result of increased dust deposition off the coast of Patagonia.
The atmospheric dust in this region is transported from Patagonia by the Westerlies to
the South Atlantic Ocean. Thus an increase in dust deposition by 50% into the South
Atlantic and Southern Ocean extending from Antarctica to the coast of South Africa
resulted in a rise in export production in this region. For the reduced dust deposition the
productivity in this region was significantly reduced and limited to ~3° degrees longitude
from the coast of Patagonia. Increased dust deposition off the tip of South America could
have implications for the Southern Ocean and the uptake of carbon emissions. The Fe
fertilization of the Southern Ocean has been suggested as a method to increase the CO2
uptake into the ocean (Chisholm et al., 2001; Buesseler and Boyd, 2003; Buesseler et al.,
2004; Blain et al., 2007). However, this study also supports previous model simulations
(Boyd and Law, 2001; Croot et al., 2001; Aumont and Bopp, 2006; Boyd and Ellwood,
2010) indicating that once Fe fertilization is diminished the export production drops below
its initial state. For this study, the export production was reduced by 6% from the
reference simulation (Figure 6-11).
The greatest response to dust deposition occurred in Fe-limited region of the
-2

equatorial Pacific Ocean where POC export production was increased by >15 gC m yr

-1

at the equator. Note that increased CO2 radiative forcing resulted in an rise in productivity
due to the temperature dependency of productivity in the model; however, model studies
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have also predicted reduced export production of POC due to reduced upwelling in the
equatorial region and enhanced stratification in the high latitudes (e.g. Mikolajewicz et al.,
2007). If warming of the sea surface persists and melting of sea ice increases,
-2

-1

atmospheric dust deposition could enhance productivity by ~25 gC m yr in the Sea of
Okhotsk and Bering Sea. Iron fertilization by sea ice Fe has been the focus of several
studies in the Southern Ocean and has been implicated in the sequestration of
atmospheric carbon for the glacial-interglacial cycles (Sedwick and DiTullio, 1997; Wolff
et al., 2006; Lannuzel et al., 2010). Aguilar-Islas et al., (2008) determined the same
relationship between sea ice and algal blooms for the Bering Sea noting that seasonal ice
melt lead to greater dissolved Fe concentrations in the upper 60 meters.
The global mean dissolve Fe concentration increased in the 4 X CO2 simulation
relative to the 1 X CO2 reference simulation due to the increased solubility of Fe in less
oxygenated water masses (13.6% decrease in the global mean dissolved oxygen
concentration; Table 6-3). The response of dissolved Fe to changes in atmospheric dust
deposition was less significant for the negative dust simulations as compared to the
positive dust simulations. The 1 X CO2 DUST-50% scenario only reduced the global
mean dissolved Fe concentration by ~0.2% from the 1 X CO2 simulation. This is due to
reduced total productivity export by 9% which affected the amount of Fe utilization
allowing more dissolved Fe to remain in the sea water. The 4 X CO2 DUST-50%
simulation resulted in a decrease of dissolved Fe by ~3.2%; however, Fe utilization was
increased in this simulation due to the temperature influence on total productivity. For the
increased dust deposition simulations the dissolve iron concentrations were similar
between the 1 X CO2 DUST +50% and 4 X CO2 DUST+50% with an increase of 5.8%
and 5.2%, respectively. Total production export is slightly higher for the 4 X CO2
DUST+50% resulting in more Fe utilization. The results presented here support the vast
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number of studies (Berger et al., 1989; Ganopolski and Rahmstorf, 2001; Harrison et al.,
2001; Mahowald and Luo, 2003; Buesseler et al., 2004; Mahowald et al., 2005; Aumont
and Bopp, 2006; Mahowald et al., 2006; Blain et al., 2007; Buesseler, 2012) linking
changes in total productivity due to fluctuations in atmospheric dust deposition and thus
the efficiency of the ocean as a carbon sink.
This is the first study to examine the global dissolved oxygen concentration and
OMZ response directly to Fe fertilization due to changes in atmospheric dust deposition.
Due to the large regions of the ocean in which Fe is limited, reductions in atmospheric
dust deposition had a stronger influence on the global average oxygen concentration of
the ocean as compared to increased dust deposition due to a decrease in POC export
and loss of dissolved oxygen concentration by remineralization below the photic zone
(Table 6-2). The global mean dissolved oxygen concentration decreased for the 4 X CO2
DUST+50% and 4 X CO2 DUST-50% which suggest that the global dissolved oxygen
concentration is significantly more sensitive to changes in temperature-dependent
solubility than changes in atmospheric dust deposition. The 1 X CO2 DUST+50% and 4 X
CO2 DUST+50% simulations resulted in a weaker global mean dissolved oxygen
response to dust deposition suggesting that a 50% increase in atmospheric dust
deposition with present day dust patterns only marginally decreases the surface area of
the ocean that is Fe limited. However, it is important to note that changes in dust plumes
due to anthropogenic influence or changes in atmospheric wind patterns due to climate
change was not considered.
The dissolved oxygen concentration of the eastern subtropical South Atlantic and
Indian Oceans OMZs were less sensitive to changes in dust deposition relative to the
Pacific Ocean, due to a surplus of dissolved Fe in the surface water, and were more
sensitive to changes in temperature-dependent solubility (see Chapter 4). Changes in
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export production of POC strongly influenced the dissolved oxygen concentration of the
eastern North Pacific OMZ (see Chapter 4); therefore, any changes in the atmospheric
dust deposition would lead to Fe fertilization and thus affect extent of the OMZ. The OMZ
-1

core (≤20 µmol O2 L ) responded more significantly to increased dust deposition than the
-1

total OMZ area (≤ 50 µmol O2 L ). For the 1 X CO2 DUST+50% simulation, the eastern
North Pacific OMZ core deepened by ~500 m and the upper boundary of the OMZ core
shoaled by over 300 meters. The significant change in the eastern North Pacific OMZ
core was due to and the increased POC flux (Figure 6-3) and the resultant increase in
remineralization within the OMZ. Dissolved Fe concentration in the surface waters above
the OMZ area remained low in the increased dust deposition simulations suggesting a
further strengthening of the biological pump in the equatorial Pacific Ocean (Figure 6-10).
The addition of pCO2 and radiative forcing in the 4 X CO2 DUST+50% resulted in
insignificant changes in the eastern North Pacific OMZ as compared to the 1 X CO2
DUST+50% (Figure 6-5 and Figure 6-7). However, when dust deposition was reduced (4
X CO2 DUST-50%) the expansion as a result of increased pCO2 and seawater
temperature is neutralized (Figure 6-8). This neutralization of the OMZ expansion from
changes in pCO2 and temperature was owed to the loss of productivity due the further
reduction of dissolved iron in the surface waters in the equatorial Pacific. The significant
response of the eastern North Pacific Ocean OMZ to perturbation in atmospheric dust
supports the results presented in Chapter 4 that changes in the export-production and the
biological pump influences the OMZ expansion in the Pacific Ocean OMZs.
The formation of the western subtropical Pacific Ocean OMZ (Figure 6-7; also
see Chapter 4) in the 4 X CO2 simulation was insensitive to perturbation of a 50%
increase in dust deposition. However, under the same atmospheric and temperature
conditions, a decrease in atmospheric dust deposition prevented any formation of the
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western subtropical Pacific Ocean OMZ. Under present-day conditions, dust originating
from the northwestern region of Australia is commonly advected northwestward and
deposited over the Indonesian throughflow region. This region is characterized by
transport of tropical Pacific water masses from the warm pool into the Indian Ocean
(Wyrtki, 1987). The extent of the OMZ in the western tropical Pacific Ocean was small
-1

with a minimum core concentration of ~18 µmol L . Export production of POC in this
-2

-1

region was significantly lower (15 gC m yr ) compared to the POC export of the eastern
-2

-1

equatorial Pacific Ocean (55 gC m yr ). However, this study suggests that reduced
atmospheric dust deposition originating from the deserts of Australia, thus decreased Fe
fertilization, would not allow the formation of the western subtropical Pacific OMZ at high
pCO2 levels.
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a

b

c

Percent of biological pump efficiency
Figure 6-10 Biological pump efficiency for the a) 1 X CO2 DUST-50%, b) 1 X CO2, and c)
1 X CO2 DUST+50% simulations.
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Change in total production
export from the reference
simulation [%]
Year of integration
Figure 6-11 Change in total productivity through the dust perturbation and recovery

simulations. The red line at indicates the time in which simulation starts to recover and
the gray dotted line is the preindustrial total export production.

6.5 Conclusion and future perspectives
Iron is an important micronutrient for productivity in the ocean and is delivered to
the open ocean by atmospheric dust deposition and hydrothermal activity. There is
significant uncertainty in how dust deposition will alter in response to climate change.
Also, the dust mineralogy and origin may alter due to human activities. The biological
pump controls the vertical gradient of dissolved oxygen in the ocean and the uptake of
CO2 into the ocean; therefore, it is important to understand how changes in dust
deposition influence the biological pump. Overall, changes to the global oxygen
concentrations are largely influenced by the radiative forcing of greenhouse gases and to
a lesser extent by fluctuations in Fe fertilization due to changes in dust concentration.
The greatest response to increased Fe fertilization was in the Pacific Ocean due to the
present day iron-depleted surface waters masses in this region. Simulations with 50%
decrease in dust deposition had a significant influence on the dissolved oxygen
concentration in the twilight zone. The simulations presented here indicated that a 50%
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increase in atmospheric dust deposition was not a large enough to significantly reduce
the extent of iron-limited surface waters masses and therefore didn’t result in a significant
change the dissolved oxygen concentration in the intermediate water masses. However,
a reduction in dust deposition alters the extent of Fe limited regions and thus significantly
reduces the export production and therefore OMZs. In order to further explore the
influence of dust deposition under climate change scenarios, future changes in land-use
and aerosol emission from coal-fired power plants should be considered which might lead
to new or enhanced dust plumes. Rapid industrialization of emerging economies can
result in significant increases in dissolved Fe concentration in the ocean and thus to
depletions of dissolved oxygen in the proximity of the oxygen minimum zones.
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